
10 Arctic Circulation

Arctic (and Antarctic) oceanography differs from lower latitudes in several respects.
Interaction with the atmosphere as well as temperature and salinity distributions are
strongly affected by the formation and destruction of ice. This is especially true in the
Arctic, a true polar ocean, which is ice-covered for at least part of the year. In high lat-
itudes vertical property gradients are relatively strong compared to the rest of the ocean
in some places, and relatively weak in other places. This fact is probably responsible for
it being harder to separately analyze “gyre” and “overturning” circulations in the Arctic
(and Antarctic). Circulation is influenced by the lack of zonal boundaries – in some lat-
itude ranges the ocean occupies all longitudes – and the relatively small beta effect. For
background on Arctic circulation, and access to the primary literature, consult Bluhm
et al. (2015) and Rudels (2015).

10.1 Observations

The Arctic Ocean is distinctive for its high-latitude location, broad continental shelves
(Figure 10.1a), and extensive ice coverage (Subsection 4.1.1, Figure 4.7). The greater Arc-
tic is often taken to include water bounded by (traveling west around the North Pole) the
Bering Strait, Siberia, Scandinavia, the Greenland–Iceland–Scotland Ridge, Greenland,
the northern edge of the Labrador Sea, Canada and Alaska. Here we separate the Nordic
Seas (Greenland Sea, Norwegian Sea, and Iceland Sea) so that the boundaries of the Arctic
proper include the Fram Strait (between the northeast corner of Greenland and the Svalbard
archipelago) and the continental slope marking the western edge of the Barents Sea.

Polar observations are difficult, principally due to the weather and the ice, and the high
cost of mitigating their threat. Unlike other ocean basins, the initial geographic exploration
continued into the twentieth century. Since the late 1970s, satellite observations (especially
of sea ice) have rapidly advanced knowledge. In situ hydrographic observations also greatly
expanded during the International Polar Year (2007–2008).

10.1.1 Arctic Circulation

Broadly speaking, the wind pattern over the Arctic is characterized by two structures. Over
the Canadian Basin, wind blows anticyclonically around the Beaufort High (Figure 10.1b).
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�Figure 10.1 Arctic region (a) bathymetry and place-names, and (b) atmospheric sea level pressure (hPa; black contours for positive
and gray for negative) and surface circulation (white curves starting at white circles). Data are from ETOPO5
(bathymetry), 1980–2012 average from Polar Pathfinder Sea Ice Motion dataset (Fowler et al., 2013), and NCEP/NCAR
reanalysis (pressure, Kalnay et al., 1996). See Appendix A for details on these data.

Over the Eurasian Basin and Siberian continental shelves (Laptev, Kara, and Barents Seas),
wind largely blows from Siberia toward the Fram Strait, part of a cyclonic circulation
around a low over the Nordic Seas.

Ice cover deters conventional circulation measurements, but also provides an alternative:
satellite-tracked trajectories of drifting sea ice roughly indicate the surface ocean flow.
Over periods of months to years, sea ice follows surface ocean currents, though on short
timescales (days or weeks) it responds more to the wind (as Fridtjof Nansen observed on
the Fram expedition, inspiring Vagn Walfrid Ekman to develop the boundary layer theory
that bears his name; see Subsection 2.1.3 and Exercise 2.5). Internal sea ice stress can also
significantly modify the ice motion, especially in places with high concentrations of thick
ice like north of the Canadian Arctic Archipelago and Greenland. Nevertheless, despite
these difficulties we can use ice drift to track the circulation.

The 1980–2012 average (Figure 10.1b) shows an anticyclonic flow, the Beaufort gyre,
in the western basin and flow across the pole, called the trans-polar drift, towards the
Nordic Seas. Typical time-average speeds are 3–5 cm/s in the Beaufort gyre, and slightly
smaller in the transpolar drift. There is also flow through the Canadian Arctic Archipelago,
west of Greenland, from the Canadian Basin to Baffin Bay and the Labrador Sea. The ice-
drift trajectories in Figure 10.1b show flow in Baffin Bay, but miss flows in the Canadian
Arctic Archipelago because sea ice is often land fast there (meaning part of it is grounded
on the bottom), and the seawater flows beneath it.
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354 Arctic Circulation

Many details of this basic picture are unclear because of logistic challenges in observing
the Arctic. The flow also varies significantly from year to year, in response to the Arctic
atmosphere. In particular, the strength of the Beaufort gyre and the transpolar drift increase
and decrease: When the Beaufort gyre is large and strong, the transpolar drift flows directly
from the Eurasian shelves across the pole to Fram Strait in a strong, wide current. At these
times, the average current speed is around 10 cm/s approaching, and in, the Fram Strait.
When the Beaufort gyre is weak and small, the transpolar drift penetrates further into the
Canadian Basin and is also weaker; 1–2 cm/s (Haine et al., 2015).

Flow into Fram Strait in the transpolar drift indicates the importance of flow into and
out of the Arctic Ocean at a few ocean “gateways.” Access to the Arctic is dominated
by the 2600 m deep Fram Strait and the Barents Sea Opening allowing exchange with
the Nordic Seas. In comparison, Davis Strait is relatively narrow and shallow and Bering
Strait is narrower and barely 50 m deep (Figure 10.2). As Figure 10.2 shows, water flows
into the Arctic as the Norwegian Coastal Current and the Norwegian Atlantic Current
in the Barents Sea Opening, the West Spitsbergen Current in the eastern parts of Fram
Strait, the West Greenland Current in the eastern Davis Strait, and the Alaskan Coastal
Current in the Bering Strait. Flow out of the Arctic occurs in the western parts of Fram and
Davis Straits as the East Greenland Current and Baffin Island Current, respectively.
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�Figure 10.2 Arctic gateway sections with shading showing (a) temperature, and (b) salinity, and with contours showing
geostrophic velocity into (white) and out of (black) the Arctic. Depths are proportional to square root of vertical
distances. Adapted from Figures 5 and 9c of Tsubouchi et al. (2012). A black-and-white version of this figure appears
in some formats. For the color version, please refer to the plate section.
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Notice how the flow in Figure 10.2 relates to the bottom slopes: water tends to flow over
bathymetry with the shallow water on its right-hand side. Tsubouchi et al. (2012) estimate
these gateway currents, using hydrographic data and an inverse method to construct the
level-of-no-motion, and hence determine the absolute geostrophic flow. They find that the
net flow through Fram Strait is about 1.6 Sv out of the Arctic, with another 3.1 Sv out
through Davis Strait. These outflows are balanced by inflows of about 3.6 Sv through the
Barents Sea Opening and about 1 Sv through the Bering Strait.

The Atlantic Water inflows at Fram Strait and Barents Sea originate in the Norwegian
Atlantic Current off the west coast of Norway. The branch entering the shallow Barents
Sea flows northeast towards Franz Josef Land and Novaya Zemlya and carries 1–2 Sv.
The Fram Strait branch flows northwest towards Svalbard and forms the West Spitsbergen
Current which carries about 3 Sv through the eastern side of Fram Strait. On reaching the
continental shelf break, the Barents Sea inflow sinks below the cold fresh surface layer, for
example in the Saint Anna Trough, and enters the interior Arctic Ocean (see Figures 10.2
and 10.4). The Fram Strait branch enters the interior Arctic Ocean north of Svalbard. Its
upper parts are transformed into fresher surface water due to ice melt (Subsection 10.2.1
and Subsection 10.3.2), and the deeper core flows east along the continental slope.

The Fram Strait and Barents Sea inflows feed the principal Arctic subsurface circulation,
sometimes called the Arctic circumpolar boundary current, which flows cyclonically
around the basin along the continental slope (Rudels et al., 1999a). The boundary current
is a warm, salty subsurface layer centered at about 400 m depth. It splits at the bathymetric
ridges separating the deep basins, with some water recirculating back toward Fram Strait
and the Greenland Sea. The complex topography of the deep basins support several bifurca-
tions. Branches flow towards Greenland at the Nansen–Gakkel Ridge and the Lomonosov
Ridge (about 3 Sv). The rest of the Atlantic Water circulates around the Makarov and
Canada Basins before returning to Fram Strait. Atlantic Water outflow through the western
side of Fram Strait occurs in the East Greenland Current (see above) which joins the sur-
face outflow of upper layer water and sea ice into the Nordic Seas. As at the surface, there
is significant variability due to eddies, or meanders in the current.

The deep and abyssal waters in the Arctic Ocean (deeper than about 1500 m) circulate
slowly and on pathways that remain obscure. Dense water close to the freezing temperature
is produced on the Arctic shelves via ice formation and attendant brine release and then
drains into the deep basins to replenish the abyss. Exchange through the deep parts of Fram
Strait also occurs, which gives the abyssal Arctic waters access to the deep convection site
in the Greenland Sea. These deepest waters are obstructed from leaving the Nordic Seas
by the Greenland–Iceland–Scotland Ridge, however (see also Subsection 8.1.4).

10.1.2 Arctic Temperature, Salinity, and Freshwater

As mentioned in Subsection 1.1.5, ocean stratification is different in the Arctic than else-
where. The Arctic surface mixed layer is very fresh and cold. It is close to the freezing
point in winter and in summer when sea ice is present (see the hydrographic profiles in
Figure 10.3, which show a 20 m thick surface mixed layer). Below the surface layer, first
the salinity (Figure 10.3b) and then, at 100 m, the temperature (Figure 10.3a) increase with
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�Figure 10.3 Arctic Ocean climatological profiles of temperature, salinity, and potential density,σθ , from near the North Pole. Note
the logarithmic depth scale. The dataset is the NODC Arctic regional climatology (see Appendix A).

depth. They thus have opposite influences on density. The roughly 3 g/kg salinity increase
raises density by over 2 kgm−3, however, overwhelming the decrease of about 0.1 kgm−3

due to the temperature increase from −1.8◦C to 1◦C. Therefore this is a beta ocean in
which stratification is controlled by the (permanent) halocline (Subsection 1.1.5). Below
the halocline, the water in a roughly 500 m thick layer is much warmer and saltier. Beneath
this layer, deeper than about 1500 m, the stratification (here controlled by temperature) is
much weaker. This part of the water column is an alpha ocean. Regardless of its origin in
temperature or salinity changes, the stably stratified ocean exhibits a pycnocline, separat-
ing the relatively light mixed layer water from relatively dense abyssal water (Figure 1.6c
and 10.3c).

Why does the Arctic have the unusual feature of warm water beneath cooler surface
water? The answer lies in the circulation of Atlantic Water under the cold surface layer
(Subsection 10.1.1). Anomalous warmth and salinity trace the path of the Atlantic Water
across the Arctic that was described in the previous section. Plumes of high salinity at
100 m depth show the flow of Atlantic water in the Norwegian Atlantic Current and its
downstream branches in Fram Strait and the Barents Sea, seen in Figure 10.4a. The same
figure shows a plume of low-salinity water leaving the Arctic in the East Greenland Cur-
rent. Mapping the maximum temperature (at each latitude and longitude; Figure 10.4b)
shows that the Barents Sea and Fram Strait have the warmest maxima, followed by the
region just adjacent to the shelf, with temperature decreasing traveling east around the
basin. A section from Norway to Svalbard and around the rim of the basin (Figure 10.4c)
shows that this maximum marks the warm layer centered on a depth of a few hundred
meters.

Along this pathway, the Atlantic Water loses heat upwards to the cold, fresh surface
layer and sideways into the deep basin interiors. Understanding the rates and processes
of this heat flux is a major objective of Arctic oceanography (see Subsection 10.2.1 and
Subsection 10.3.1) because there is a large amount of heat stored in the Atlantic Water,
sufficient to melt the sea ice floating at the surface (see Exercise 10.4). Vertical turbulent
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�Figure 10.4 Spread of Atlantic Water into Arctic as seen by (a) salinity at 100 m, (b) temperature above freezing at the local
subsurface maximum temperature, and (c) temperature section along the white dotted line in (b). In (a) and (b), the
black contour marks the 500 m isobath. Data are from the NODC Arctic regional climatology (see Appendix A).

mixing rates in the Arctic Ocean interior are exceptionally weak, however, and a large
fraction of the Atlantic Water returns to the Nordic Seas through Fram Strait, without being
mixed to the surface and losing its heat to the atmosphere, space, and ice melt. Evidence
of the weak vertical mixing comes from CTD data typically showing a “staircase” profile.
This phenomenon indicates interleaving of distinct layers with different temperature and
salinity, and weak small-scale mixing due to double diffusion.

Atlantic Gateway Property Exchanges

At the Atlantic gateways to the Arctic, hydrographic data (Figure 10.2) shows that warm,
salty water occurs in the eastern part of Fram Strait and the Barents Sea Opening while
cold, fresh water occurs in the western part of Fram Strait (and Davis Strait is similar).
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358 Arctic Circulation

Notice how the circulation is (broadly) correlated with the hydrographic properties: Flow
into the Arctic is warm and salty and flow out of the Arctic is cold and fresh. Cold and
moderately salty water below 1500 m in the Fram Strait goes both into and out of the
Arctic on the eastern and western sides, respectively, of the Strait.

Exchanges at the gateways play an important role in the heat and freshwater balance
of the Arctic. For example, the East Greenland Current consists of fresh seawater at the
freezing point on the Greenland shelf and above the continental slope (clearly visible in
Figure 10.2). This water is less dense than the inflow. Beneath the fresh East Greenland
Current is a deep outflow, called Intermediate Water, that is warmer and saltier than the
upper part of the East Greenland Current. It is a cooled version of the inflowing water,
somewhat fresher, and denser. In terms of the volume transport out of Fram Strait, the East
Greenland Current carries about the same flux as the Intermediate Water (Tsubouchi et al.,
2012). Finally, at the surface, a large volume of sea ice flows out of the Arctic over the
shelf and the continental slope (see Figure 10.1b). Although its volume flux is negligible
compared to the currents, sea ice carries a major flux of heat and freshwater (Tsubouchi
et al., 2012). Subsections 10.2.1 and 10.3.1 discuss how the Atlantic inflow to the Arctic
Ocean bifurcates into two outflows (three if we count the ice), one lighter than the inflow
and one denser.

This curious exchange through Fram Strait essentially applies at the Greenland–Iceland–
Scotland Ridge too (see Subsection 8.1.4). There is warm salty inflow at the surface from
the Atlantic on the eastern side (which then forms the Norwegian Atlantic Current flowing
north towards the Fram Strait and Barents Sea). On the western side the outflow is still
split into three modes, although they have different strengths than at Fram Strait. There is a
fresh, cold, light surface flow (also called the East Greenland Current); a salty, cool, dense
overflow, at similar density to the Fram Strait Intermediate Water; and a stream of sea
ice, mainly on the east Greenland shelf. Observations show that about 75% of the Atlantic
inflow across the Greenland–Iceland–Scotland Ridge returns as overflow water (Rudels,
2010; Hansen and Østerhus, 2000). The water at Fram Strait that is deeper and denser
than the overflow water (and Intermediate Water) is blocked by the Greenland–Iceland–
Scotland Ridge.

Importance of Freshwater

A key theme in polar oceanography is freshwater, specifically, its distribution, mecha-
nisms, and disposition (Carmack et al., 2016). The reason is that the surface stratification
is determined by salinity. The freshwater cycle is intimately connected with sea ice too,
which is important for polar and global climate (see Subsection 11.1.4), and mediates the
wind driving the surface ocean. For example, the Arctic freshwater cycle is shifting at
present so as to store more liquid freshwater in the Arctic Ocean (Haine et al., 2015).
The summertime Arctic sea ice has also declined over the last few decades as a result of
anthropogenic climate change (Subsection 4.1.1). The Arctic freshwater cycle is therefore
an issue of great current interest.

There are large sources of freshwater in the Arctic Ocean (Haine et al., 2015): It receives
meteoric water from runoff (mainly on the Eurasian side) at a rate equivalent to a volume

https://doi.org/10.1017/9781139015721.012 Published online by Cambridge University Press

https://doi.org/10.1017/9781139015721.012


359 10.2 Concepts

flux of 0.4 m/yr over the surface of the entire Arctic. The net precipitation minus evap-
oration adds about 0.2 m/yr. Flow of relatively fresh seawater from the Pacific through
Bering Strait further dilutes the salty Atlantic inflow through Fram Strait and the Barents
Sea Opening, at about 0.26 m/yr. The seawater flowing through Bering Strait is fresher than
the average Arctic Ocean salinity, which is (near) 34.80 g/kg and is often called the refer-
ence salinity (Aagaard and Carmack, 1989; see Exercise 10.2). When budgeting the Arctic
freshwater cycle it thus traditionally counts as a freshwater source. (See Bacon et al., 2015
for a discussion and a robust proposal to replace the reference salinity. For our purposes,
the improvement makes little difference.) Together, these sources (plus about 0.03 m/yr
from Greenland) amount to about 0.9 m of freshwater on average being added to the sur-
face of the Arctic Ocean each year. This flux is similar to the highest values of precipitation
minus evaporation anywhere in the global ocean (see Figures 11.6 and 11.7).

These sources of Arctic freshwater are (nearly) balanced by marine export through the
Canadian Arctic Archipelago and Fram Strait. The net flow through Davis Strait and Fram
Strait removes about 0.33 m/yr and 0.28 m/yr, respectively. These flows are of liquid fresh
water. Sea ice flux is also important; equivalent to about 0.25 m/yr: 94% of it flows through
Fram Strait. In addition, the Barents Sea Opening, and Fury and Hecla Straits (in the Cana-
dian Arctic Archipelago) support small net fluxes of about 0.03 m/yr. The total outflow is
therefore about 0.9 m/yr, very close to the total inflows.

Overall, the Arctic freshwater cycle constitutes a sea ice factory: liquid freshwater flows
in (from the atmosphere) and liquid freshwater plus sea ice flow out (in the ocean). In
addition a large seasonal cycle in sea ice exists (Figure 4.7). For example, about 1.2 m
of sea ice forms and melts, on average, over the surface of the Arctic Ocean each year.
Moreover, the Arctic freshwater (liquid and solid) drains solely into the subpolar North
Atlantic Ocean, where it plays an important and interesting role in the Atlantic Meridional
Overturning Circulation (see Subsection 11.2.3 and Subsection 11.2.4).

10.2 Concepts

10.2.1 Arctic Hydrographic Properties

The Nordic Seas and Arctic Ocean are sometimes called the Arctic Mediterranean Sea.
The reason is, like the Mediterranean Sea itself, the Nordic Seas are small, nearly land-
locked basins with currents influenced mainly by temperature and salinity, and exchange
with neighbouring basins, rather than by wind forcing (Tomczak and Godfrey, 2003;
“Mediterranean” derives from Latin for “in the middle of land”). The exchange of water
(both liquid and ice), heat, and salt between it and the subpolar Atlantic and Pacific Oceans
is important for climate and climate change. The Arctic and Subarctic circulation is also
interesting because the seawater density is controlled by freshwater, including the freezing
and melting of sea ice.

Ultimately we would like to understand from first principles the velocity, distribution,
and volume transport of the exchange of water between the Arctic and lower latitudes,
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as well as the temperature, salinity, and other properties of the water. Oceanographers
have not yet achieved these objectives. Here we reach for a less ambitious goal: given the
volume transport and hydrographic properties of the inflow, what controls the temperature
and salinity properties of the outflow, and the sea ice export?

On a global scale the atmosphere carries water from low latitudes to the polar regions,
and the Arctic Ocean is surrounded by land so that the effective catchment area is several
times larger than the area of the Arctic Ocean itself. Thus it is unsurprising that the warm
salty inflow should freshen (see for example Carmack et al., 2016). It is also unsurprising
that the warm salty inflow should lose heat to the atmosphere, which in turn loses heat via
long wave radiation to space. What is surprising, however, is that the colder and fresher
Arctic outflow is split into three distinct modes that are separated in temperature, salinity,
density, and depth.

Our discussion of the thermohaline circulation in Chapter 8 shows that the exchange
between two water masses depends on density, with lighter water sliding over the heavier
water mass. The lightest water has the temperature and salinity of the inflow, the densest
water has the temperature and salinity of the densest surface water, and the entire circula-
tion should have temperature and salinity in between these extrema. Why does the Arctic
outflow have three extrema? The answer to this question rests on an additional element not
discussed in Chapter 8: sea ice.

Role of Sea Ice

Sea ice is much less saline than seawater, with salinity of about 4 g/kg. The dissolved
salts are therefore expelled from newly forming ice in dense brine at freezing temperature,
which drains away from the surface with relatively little mixing. When sea ice melts, the
buoyant liquid freshwater from the ice remains at the surface. This annual cycle of freezing
and melting thereby stratifies, or un-mixes, the upper Arctic Ocean: about 1.2 m per year of
freshwater is frozen and melted on average (Subsection 10.1.2). The process is sometimes
called ice distillation (Aagaard and Carmack, 1989).

Large surface input of freshwater and sea ice distillation both contribute to a low surface
salinity in the Arctic Ocean. Indeed, the Arctic must be (principally) a beta ocean (Subsec-
tion 1.1.5) for sea ice to exist: the surface temperature must be near freezing and therefore
density stratification must be provided by salinity. Compared to salinity, temperature has
little effect on density in the Arctic, which means it is dynamically passive. The reasons
are the strong salinity gradients and the fact that the magnitude of the thermal expansion
coefficient α becomes small near freezing (see Subsection 1.2.3 and (1.4); for salinities
less than about 24, α even changes sign near the freezing point).

The inexorable loss of heat, especially during the polar night, depends mainly on sea ice.
Cooling of the warm inflow occurs both by air/sea exchange (the ocean warms the frigid
atmosphere and radiates to space) and by melting of sea ice that is blown over the warm
water. The Eurasian Basin north of Svalbard and Franz Josef Land is a place where both
these processes are important. Interestingly, not all the heat in the warm inflow is extracted.
Instead, some of the warm saline water flows beneath the fresh freezing surface layer. The
resulting subsurface temperature and salinity maxima comprise the core of the ubiquitous
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Atlantic Water that circulates through the Arctic Ocean (Figure 10.4). Understanding how
the inflow leaves the surface, and what controls the fraction of heat lost versus the fraction
that recirculates, are important open questions.

Sea ice mobility plays an important role in setting the overall heat and freshwater bal-
ance. Sea ice moves with the wind and surface currents, and responds to internal stresses in
the ice field (Subsection 10.1.1). Little ice is imported to the Arctic, so the ice is produced
within the region and exported to the Atlantic (and a small amount to the Pacific). When
newly formed ice covers a region, it greatly reduces the heat loss driving the ice formation.
Therefore ice production is especially prolific in regions, such as the Siberian shelves,
where sea ice drifts away after forming. The accompanying brine production accumulates
in subsurface layers or at the bottom. Thus, ice formation on the Arctic shelves makes the
Atlantic inflow saltier and denser despite the overall freshening of the inflow by less salty
water from the Pacific and fresh water from the atmosphere (near the coast, runoff domi-
nates in 10–20 km wide, 10–20 m thick buoyant fresh plumes called the riverine coastal
domain: Carmack et al., 2015, 2016).

This ice formation and export also occurs on the continental shelves around Antarctica.
In both places water cannot cool below the freezing point, so continued heat extraction
produces more ice at the surface and saltier and denser water below. The dense water has
the most extreme (freezing, salty, dense) hydrographic properties of any global ocean water
mass. It spills off the shallow shelves, entraining the ambient water and hence decreasing
density, to fill the deep and abyssal ocean. For these reasons we can say that the polar con-
tinental shelves are collectively one of the conceptual end points for the global overturning
circulation.

Therefore, the Arctic Ocean exhibits characteristics of a dilution basin (like a fjord)
because of the net input of meteoric freshwater. Simultaneously, it exhibits characteristics
of a concentration basin, like the Mediterranean Sea, because of the local dominance of ice
formation and brine rejection. Unlike the Mediterranean Sea, however, the Arctic transfers
a large fraction of fresh water to the floating sea-ice reservoir rather than losing it to the
atmosphere. The Arctic Ocean is sometimes called a double estuary because of these two
characteristics (Rudels, 2010).

This idea is reflected in the two liquid modes being exported through western Fram
Strait: the cold fresh light surface East Greenland Current (influenced by dilution), and the
warm salty dense deep outflow (influenced by concentration). The balance and interplay
of the processes described above control the properties and importance of these modes. A
complete quantitative understanding of these processes is not yet available. Nevertheless,
the following mixing arguments, based on pioneering work by Bert Rudels (for example,
Rudels, 2010), are useful to frame the problem.

Fram Strait Water Properties

Consider the temperature and salinity distribution of Fram Strait hydrographic stations
(Figure 10.5). We seek to understand, at least in broad terms, why the hydrographic data
are distributed the way they are. In particular, what sets the properties of the East Greenland
Current and Intermediate Water? Begin with the properties of the inflowing Atlantic Water.
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�Figure 10.5 Fram Strait temperature and salinity from RV Polarstern cruise XVIII (gray dots; Ronski and Budéus, 2010; from
PANGAEA, see Appendix A) in August 2002 at 78◦N, with gray contours forσ0 (kgm−3) and freezing temperature at
surface pressure (slanting gray line). Atlantic Water, East Greenland Current, and Intermediate Water (dark gray dots)
are marked. The symbols come from the mixing model described in the text (see also Rudels, 2010, Figure 6).

The salinity, SA, is around 35.15–35.25 g/kg. The temperature, TA, ranges between about
3◦C and 7◦C. The observations are biased warm compared to the annual average, however,
because they were made in summer. Therefore, we take the Atlantic Water temperature to
lie between 3 and 5◦C (diamonds in Figure 10.5).

First, think about what sets the East Greenland Current salinity. We imagine that the
East Greenland Current is formed north of Fram Strait by the interaction of Atlantic Water
and sea ice. The Atlantic Water is cooled by (i) heat loss to the atmosphere, and (ii) heat
loss to melt sea ice that is blown into contact with the warm water. Let φ be the fraction of
Atlantic Water heat that melts ice (so a fraction 1 −φ warms the atmosphere). We find that
the salinity of the product water, Sp, is

Sp ≈ LSA

L + φcp�TA
(10.1)

(see Subsection 10.3.1 and (10.9)). Here, L is the latent heat capacity of seawater, cp is its
specific heat capacity, and �TA = TA − Tf is the excess Atlantic Water temperature above
the freezing temperature (Tf ).

This formula shows that as the fraction φ of Atlantic Water heat melting ice goes up, the
salinity Sp of the product water goes down, which makes sense. Similarly, if the Atlantic
Water is warmer (larger TA), then more ice is melted and the salinity Sp is lower. The
lowest salinity one can achieve is therefore for φ = 1 and TA = 5◦C, the highest Atlantic
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Water temperature. Then, Sp = 33.0 g/kg, which is marked with the square in Figure 10.5.
This estimate is close to the freshest freezing temperature water in the East Greenland
Current. There are some observations of water warmer and fresher, but they are affected by
summertime solar warming, an unimportant process in other seasons, and neglected here.

What sets the salinity of the saltiest freezing temperature water in the East Greenland
Current? Clearly, we need to use the smallest TA in (10.1), say 3◦C, and the smallest pos-
sible φ = φmin. What might φmin be, and why is it greater than zero, which is clear from
the hydrographic data in Figure 10.5? It turns out that the lower limit on φ is given by:

φmin ≈ αL

βcpSA
, (10.2)

from (10.34) with α and β the thermal expansion and haline contraction coefficients,
respectively (see (1.4) and (1.5)). This result derives from the constraint that during the
winter, cooling must be accompanied by melting in order to maintain a stably stratified
surface layer (Subsection 10.3.2). Hence, it makes sense that a nonzero fraction of the heat
in the Atlantic Water goes to melt ice. Nevertheless, to compute this result we must con-
sider the processes controlling the fresh mixed layer formed when Atlantic Water interacts
with sea ice. It turns out that the fraction φmin is the value that minimizes the amount of
heat melting ice.

For now, we insert typical numbers into (10.2). Take α and β as the values at the tem-
perature of the Atlantic Water. We find that φmin = 0.35 for (TA, SA) = (3◦C, 35.2 g/kg).
That gives Sp = 34.6 g/kg, indicated in Figure 10.5 with the circle and is a good approxi-
mation to the observed maximum East Greenland Current salinity. Similar considerations
apply for the Barents Sea branch of Atlantic Water and in the Weddell Sea, where warm
circumpolar deep water interacts with sea ice (Rudels, 2010; Nicholls et al., 2009).

10.2.2 Beaufort Gyre Circulation

Here we present a conceptual explanation for the surface intensified anti-cyclonic circula-
tion in the Beaufort gyre (Figure 10.1b). The model is due to Manucharyan et al. (2016)
(see also Manucharyan and Spall, 2015) and is relevant to the Antarctic circumpolar current
(ACC) too (Subsection 9.3.2).

The Beaufort gyre is driven to circulate anticyclonically by the wind, specifically, the
Beaufort High in sea level pressure (Figure 10.1b). The anticyclonic wind drives an anti-
cyclonic stress on the ocean surface both by direct contact and by driving around the sea ice
which then pushes the water. The anticyclonic stress drives convergence in the Ekman layer
and downward Ekman pumping, wEk < 0 (Subsection 2.1.3, (2.13)). As in a subtropical
gyre (Chapter 3), this wind forcing raises sea level and depresses the pycnocline (halocline
for the Beaufort gyre). Associated with the sloping sea surface is an anticyclonic surface
current in geostrophic balance. Associated with the sloping isopycnals (isohaline surfaces)
is a thermal wind that causes the current to weaken with depth (see the main panel of
Figure 10.9, which is discussed in Subsection 10.3.3). Unlike a subtropical gyre, the beta
effect due to the meridional variation in the Coriolis parameter is unimportant. A quick
calculation shows that the change in f across the Arctic Ocean is about 6% (between 70◦N
and the Pole), compared to 63% in the subtropical gyre (between 15◦N and 45◦N). Pole-
wards of Cape Morris Jessup, the northernmost point on Greenland at 83.5◦N, there are no
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meridional boundaries to the Arctic Ocean. Sverdrup balance and western intensification
(Chapter 3) therefore cannot dominate the dynamics (confirmed by the detailed calcula-
tions of Yang et al., 2015). These features of recirculating flow with constant Coriolis
parameter are common with the ACC.

Instead, a different basic balance must apply to counteract the wind forcing. An influen-
tial proposal is that mesoscale eddies provide, on average, a flow that balances that Ekman
pumping (see also Subsection 9.2.3). The idea is that the surface-intensified current in the
Beaufort gyre is susceptible to baroclinic instability (Subsection 7.2.1), which generates
mesoscale eddies (see Figure 7.6). The kinetic energy of the eddies is extracted from the
potential energy of the depressed pycnocline and thereby tends to lift it back up, in oppo-
sition to the Ekman pumping. If we average over many lifetimes of individual eddies, and
around the whole Beaufort gyre, which includes many eddies, then we can solve for the
average gyre characteristics, like the depth of the halocline and the current speeds. To do
so, we need to exploit a parameterization law for the effects of the eddies themselves, as in
Subsection 7.2.3 and Subsection 7.3.3.

In particular, consider axi-symmetric circular flow (as in Figure 10.9). The wind blows
round with a surface ocean stress, X(r), that depends on radius r only. The Ekman pump-
ing speed, wEk, depends on the curl of the stress from (2.13). Because X(r) decreases to
negative values from zero in the gyre center (anticyclonic wind forcing), wEk is also nega-
tive (that is, downward pumping). The average equation for buoyancy (and mass) in steady
state balances the pumping with upward flow due to the eddies, which are represented with
the eddy-induced overturning streamfunction, �(r) (see (7.66)). Hence,

X

f
+ � = 0. (10.3)

Use of the Visbeck et al. (1997) parameterization for � (7.68) leads to an expression for the
depression of the halocline at the gyre center, �h. For a stress that increases in magnitude
linearly with radius, X(r) = −X̂r/R, the Ekman pumping is uniform, and

�h = 2R

3

√
X̂

fk
, (10.4)

where k is the eddy efficiency and the gyre has radius R. Plugging in typical values of
X̂ρ0 = 0.015 N m−2, R = 500 km, k = αN̂�2 = αN̂(R/5)2 = 3.7 × 106 m2s−1, we find
that �h = 68 m (see Figure 10.9 and Subsection 10.3.3 for details).

Other useful quantities can be computed using this model, such as the geostrophic veloc-
ity field, the amount of freshwater stored in the gyre, and the transient dynamics of the
Beaufort gyre. Subsection 10.3.3 explains how to do so for some of these quantities with
mathematical details (see also Exercise 10.7 and Manucharyan et al., 2016). For present
purposes, consider the total gyre transport streamfunction (for the horizontal flow). It is

ϒmax ≈ δ2N̂2�h

f
, (10.5)

where the stratification has an exponential length scale δ (see (10.42)). For the example in
Figure 10.9, δ = 200 m, N̂/f ≈ 120, and the gyre transport is about 6.5 Sv.
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�Figure 10.6 Halocline (pycnocline) deepening�h, in eddy-equilibrated Beaufort gyre, as a function of peak surface stress
τ̂ = X̂ρ0 from theoretical predictions (curves) and numerical experiments (triangles; see Manucharyan et al.,
2016). Theory includes parametrization in which eddy overturning is proportional to |γ n| (for isopycnal slope γ )
with n = 2 (dashed curve) and n = 3 (solid curve), as discussed in Subsection 10.3.3. See also Figure 10.9 and
Exercise 10.7.

Consider the sensitivity of the halocline depression, and via (10.5) the gyre transport,
to the wind. Equation 10.4 shows that �h grows as the square root of the stress. This
dependence is seen in Figure 10.6 which shows �h from the theory (the dashed line) and
results from eddy-resolving GCM simulations (triangles). Notice that �h(X̂) and ϒmax

are more sensitive to the stress X̂ for small values of stress than for large values. This
decreasing sensitivity of the gyre to the stress is called eddy saturation, as seen in the
ACC. It stems from the eddy streamfunction depending on the isopycnal slopes as a power
greater than one in (7.68). Here we use the Visbeck et al. (1997) parameterization which
has n = 2, leading to the square root dependence of �h and ϒmax on X̂. Other choices
appear possible, however, such as n = 3 (solid line in Figure 10.6). That choice leads to a
cube root dependence of halocline depression in stress (see (10.46)) and thus to a stronger
eddy saturation effect. This square root dependence of transport on wind is also seen in
the ACC theory of Subsection 9.3.2, although that case uses the diffusive GS eddy closure,
which is different in detail to the one used here.

10.3 Theory

10.3.1 Eurasian Basin Surface Salinity

Consider the heat and salt budgets for Atlantic Water to melt remotely-formed sea ice in
the Eurasian Basin. The aim is to compute the salinity of the surface water thus formed,
which is discussed in Subsection 10.2.1 and used in Subsection 10.3.2.
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The amount of heat, E, available to melt ice in a mass Mw of Atlantic Water is

E = φMwcp�TA, (10.6)

where φ is the fraction of Atlantic Water heat that melts ice, cp is the specific heat capacity
of seawater, �TA = TA − Tf , and Tf is the freezing temperature of seawater. The ice starts
at a temperature Ti, which is typically about −10◦C (Perovich et al., 1997). The ice is
warmed to the freezing point by the Atlantic Water heat, and then melted. The mass of ice
melted, mi, by this heat is therefore

mi = E

L + ci�Ti
, (10.7)

where �Ti = Tf −Ti, L is the latent heat of fusion of ice and ci is its specific heat capacity.
Conservation of the mass of dissolved salts tells us that,

MwSA + miSi = Sp (Mw + mi) , (10.8)

where Si ≈ 4 g/kg is the sea ice salinity. In this equation the left-hand side is the total mass
of dissolved salts from the individual components, and the right-hand side is the total mass
of dissolved salts in the product seawater, with unknown salinity Sp. Hence,

Sp = (L + ci�Ti) SA + φcp�TASi

L + ci�Ti + φcp�TA
≈ LSA

L + φcp�TA
, (10.9)

where the approximation shows the dominant terms: heat capacity and salinity of the ice
are not very important. This formula is (10.1), which we also use at the end of the following
section.

10.3.2 Atlantic Water Conversion to the East Greenland Current

Next, think of a simple one-dimensional model for the interaction between warm salty
Atlantic Water and Arctic sea ice which is formed remotely and blown into the Atlantic
Water by the wind. The model crudely represents the conversion of Atlantic Water into the
East Greenland Current. It considers ocean cooling during the winter season (polar night).
It builds on the mixed-layer model described in Chapter 4, specifically Subsection 4.3.3,
by including sea ice. For various melt rate and heat loss assumptions, we work out how
the surface properties evolve over the winter. We focus on the coldest, saltiest properties
possible. As shown in Subsection 10.2.1, this gives a reasonably accurate account of the
East Greenland current properties flowing south through Fram Strait. In particular, the
model predicts the minimum fraction of Atlantic Water heat melting ice, φmin in (10.2). It
is inspired by the paper by Rudels et al. (1999b) (for a recent summary, see Rudels, 2016).

Consider a one-dimensional water column with ice at the surface, warm Atlantic Water
at depth, and a net heat flux, Qa to the atmosphere (see Figure 10.7). There is melting of
ice at a rate Mi (units of meters of ice melted per second), and we neglect evaporation and
precipitation. The heat flux leaving the water, Q, is

Q = Qa + ρiMi
[
L + cp(T − Tf ) + ci�Ti

]
, (10.10)

where T , Tf , and Ti are the temperatures of the surface layer, the freezing point, and the
ice, respectively; �Ti = Tf − Ti; cp (ci) is the specific heat capacity of seawater (ice); ρi is
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�Figure 10.7 Schematic diagram of the one-dimensional winter polar mixing model. The cold fresh surface layer has thicknessH,
temperatureT , and salinity S. Beneath it lies a warm salty Atlantic Water layer of temperature and salinity
(TA, SA). Heat is lost to the atmosphere at a rate (1 − φ)Q and to sea ice at a rateφQ, where the ice temperature
and salinity are (Ti, Si). Mechanical mixing is parametrized with a friction velocity u∗. The upper layer thickens by
entrainment at a speedwe and sea ice melting at a speedM. The equations for the budgets of volume, heat, and salt
are (10.12)–(10.14); the full model equations are (10.21)–(10.27).

the ice density; and L is the latent heat of fusion of ice. Notice that the meaning of the sign
of Q here is opposite to that in Chapter 4, where Q is heat gained by the mixed layer.

The corresponding formula for the flux of salt, F , leaving the water,

F = −ρi

ρ
Mi(S − Si) = −M(S − Si). (10.11)

where the ice salinity is Si (see Subsection 4.3.2). For future use, we define M = (ρi/ρ)Mi

in the second equality as the volumetric production rate of seawater (with density ρ) due
to melting ice.

We imagine that a homogeneous (mixed), fresh, cold layer evolves at the surface as heat
from the Atlantic Water is extracted. The layer is characterized by its depth H, temperature
T , and salinity S (Figure 10.7). To begin with, it has almost identical properties as the
Atlantic Water itself, but is slightly more buoyant. The layer deepens by entrainment of
Atlantic Water at a speed we ≥ 0. That process brings water into the surface layer with
a temperature difference and salinity difference of �T = TA − T and �S = SA − S,
respectively. The equations governing the evolution of these properties are therefore:

dH

dt
= we + M, (10.12)

H
dT

dt
= we�T − Q

ρc
, (10.13)

H
dS

dt
= we�S − M(S − Si). (10.14)

In this system, we must specify the heat flux Q, the entrainment speed we, and the melt
rate M.

Entrainment Parameterization

To parameterize the entrainment speed we consider the joint effects of wind mixing and
buoyancy gain for the surface layer. The wind adds turbulent kinetic energy to the upper
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ocean at a rate that is characterized with a friction velocity u∗. Surface buoyancy flux,
B, is affected by melting of ice and heat loss to the atmosphere. A model based on the
mechanical energy budget expresses the entrainment speed as a competition between wind
mixing and surface buoyancy gain (see also Subsection 4.3.3),

we = ρ

g�ρ

(
2m0u3∗

H
− εB

)
, (10.15)

ε =
{

1 for B ≥ 0,
0.05 otherwise.

(10.16)

The case considered here is for we ≥ 0, so the layer cannot detrain and shrink in thickness
(following Rudels et al., 1999b). The detraining case is more complicated: see Exercise
10.5. Physically, that means that the wind mixing is strong enough to overcome the buoy-
ancy gain due to ice melt, and still entrain Atlantic Water. In (10.15), m0 = 1.25 is a
nondimensional dissipation factor, derived from laboratory experiments on deepening of
a mechanically stirred layer into a stratified fluid (Kato and Phillips, 1969). The ε multi-
plier accounts for the fact that when the surface buoyancy flux is negative (densifying the
surface layer), the buoyant convection is relatively inefficient at entrainment. The density
difference �ρ between the Atlantic Water and the surface layer above is:

�ρ = ρ(TA, SA) − ρ(T , S), (10.17)

where the full equation of state is used. This density difference is dominated by the salinity
difference (fresh surface layer overlying salty Atlantic Water), and so �ρ ≥ 0 and the water
column is stably stratified. The entrainment speed is inversely proportional to the density
difference in (10.15). Notice also how the entrainment due to wind mixing becomes less
effective as the layer deepens (H increases).

Next, we need an expression for B, the rate of surface buoyancy gain. It is

B = g

[−αQ

ρcp
+ βM (S − Si)

]
, (10.18)

with α and β the thermal expansion and haline contraction coefficients, respectively (see
(1.4) and (1.5)). Remember that α (especially) and β vary with temperature and salinity.
The first term in brackets in (10.18) is due to surface heat loss to both ice melt and to the
atmosphere. The second term is due to the addition of buoyant melt water. The buoyancy
flux is positive when the second term dominates the first,

M ≥ αQ

ρcpβ (S − Si)
. (10.19)

Finally, the melt rate M is:

M = φ
Q

ρ
[
L + cp(T − Tf ) + ci�Ti

] , (10.20)

meaning that a (constant) fraction φ of the total heat flux Q leaving the sea surface goes
into melting the ice (the 1 − φ remainder goes to the atmosphere, Qa in (10.10)).
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Full Model

Now assemble the system of equations for the surface layer properties

dH

dt
= we + φ

Q

ρ
[
L + cp(T − Tf ) + ci�Ti

] , (10.21)

H
dT

dt
= we (TA − T) − Q

ρcp
, (10.22)

H
dS

dt
= we (SA − S) − φ

Q (S − Si)

ρ
[
L + cp(T − Tf ) + ci�Ti

] , (10.23)

where

�ρ = ρ (TA, SA) − ρ (T , S) , (10.24)

we = max

[
ρ

g�ρ

(
2m0u3∗

H
− εB

)
, 0

]
, (10.25)

B = Qg

ρ

{
−α

cp
+ φβ (S − Si)[

L + cp(T − Tf ) + ci�Ti
]
}

, (10.26)

ε =
{

1 for B ≥ 0,
0.05 otherwise.

(10.27)

We specify TA, SA, Q, φ, Ti, Si, and u∗ (so that we > 0), plus initial conditions for (H, T , S).
The physical parameters are m0, L, cp, ci, ρ, ρi, g, α and β. They are chosen to be represen-
tative constants or vary with T and S. The solution (H(t), T(t), S(t)) depends on the control
parameters (Q, φ), which are specified constants. We imagine integrating through the cool-
ing season until the surface layer reaches freezing, T = Tf , at which point the calculation
stops. Mathematically, the problem is a coupled set of nonlinear ordinary differential
equations, which are solved with numerical integration software.

Model Solutions

Figure 10.8 shows representative solutions with different (Q, φ) values. For a range of
sufficiently large (Q, φ) the upper layer reaches the freezing temperature Tf , melts 1–3 m
of sea ice, and freshens by O(0.1) g/kg. Its depth is only slightly changed from the starting
value (H(0) = 50 m here). This is not the only possible outcome, however, and in this case
there are three other possibilities (see the left panel in Figure 10.8):

1 For sufficiently small φ there is almost no change in the upper layer temperature or salin-
ity and no melting. These runs end with the upper layer becoming statically unstable,
meaning that �ρ ≤ 0 and the upper layer begins to convect into the Atlantic Water. This
process may be important in the real polar oceans, for instance in the Greenland Sea, but
it is not relevant for the formation of the cold, fresh, light East Greenland Current, so we
do not discuss it further.

2 For large φ and relatively small Q the heat loss is too weak for the upper layer to reach
Tf in a realistic time period (180 days here). These runs take too long to reach freezing.

3 For intermediate φ the upper layer deepens substantially and becomes unrealistically too
deep (H ≥ 200 m here).
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�Figure 10.8 Results from the polar mixing model. The integration outcome is shown in the left panel: it stops when either the
upper layer becomes too deep (H ≥ 200m in this case), becomes unstable and convects into the Atlantic Water
(�ρ < 0), reaches the freezing temperature (T = Tf ), or runs out of time (t = 180 days in this case). The right
panels show the final salinity and the ice melted for those runs that reach the freezing temperature (dots) plotted
against the fraction of the heat flux to melting,φ. The circles show the properties of the run with maximum salinity.
The other lines and curves are explained in the text. The initial thickness, temperature, and salinity of the upper layer
are 50 m, 3.01◦C, and 35.182 g/kg, respectively (see the lower diamond in Figure 10.5). The Atlantic Water
temperature and salinity are 3.0◦C and 35.182 g/kg. The sea ice temperature and salinity are−10◦C and 4 g/kg. The
friction velocity is u∗ = 3.7 × 10−3 ms−1, corresponding to a windspeed of 3 ms−1. Results are shown for many
combinations of the total heat lossQ and the fractional heat loss to sea ice,φ. To integrate the model the
thermodynamic properties of seawater and sea ice are computed using the TEOS-10 functions (see Subsection 1.2.3).

Although their values are reasonable, the parameters we choose for Figure 10.8 control
the detailed shapes of the different regimes (see Exercise 10.5). We tacitly assume that
the system cannot run out of ice to melt. This is also a reasonable choice, but it may not
be always true in the Eurasian Basin. We also assume that once the upper layer reaches
the freezing temperature the system is more or less preserved in that state. In practice,
further winter heat loss will cause ice formation by freezing, and therefore salinification of
the upper layer by brine rejection. The assumption is that the heat loss Q is then greatly
reduced by the ice cover and the upper layer properties have little opportunity to change
before winter ends.

Now look at the right panels in Figure 10.8, which show with dots only the runs that
reach the freezing temperature. We see that a maximum salinity exists for intermediate
values of φ: it is marked with a circle. Correspondingly, there is a minimum thickness of
sea ice melted. If less sea ice melts then the surface layer becomes denser than the Atlantic
Water below and it overturns (or becomes too deep). The extreme properties of this special
run are marked on the Fram Strait temperature–salinity diagram (Figure 10.5) with the
circle. They are close to the observed properties of the saltiest waters in the East Greenland
Current, encouraging us to think that the basic physics in the one-dimensional polar mixing
model may be right.
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Extreme Surface Properties

Understanding what sets the properties of this extreme case is the focus of the rest of this
section. The argument is technical, but ultimately straightforward; it is also revealing. The
first step is to select only the runs that reach the freezing temperature. There are two criteria
to do so: the run must not take too long and the layer must not be too deep. The threshold,
Q = Qtmax , for runs that take too long derives from a simple heat budget. It is:

Qtmax = ρcpH(0)
[
T(0) − Tf

]
tmax

, (10.28)

where tmax is the maximum allowed time. The Qtmax value is plotted as the horizontal black
line in the left panel of Figure 10.8. It agrees well with the outcome of the numerical inte-
grations. Notice that (10.28) assumes that the upper layer does not change its thickness
from the initial value H(0) as it cools from temperature T(0) to freezing (it neglects the rel-
atively small increase due to ice melt). This assumption is consistent with the integrations
in Figure 10.8.

The threshold for runs that avoid becoming too deep is that we = 0. Hence, from (10.25),

εB∗ = 2m0u3∗
H

, (10.29)

where we assume that the upper layer remains stratified �ρ > 0 (the star superscript
indicates the threshold value). Because, from (10.26),

B∗ = Q∗g

ρ

{
−α

cp
+ φβ (S − Si)[

L + cp(T − Tf ) + ci�Ti
]
}

, (10.30)

we see that (10.29) is a parametric equation for Q∗(φ). This function defines the edge of
the too-deep regime in Figure 10.8. The Q∗(φ) relationship is of the form:

Q∗ = Q1

1 + p2φ
, (10.31)

with parameters

Q1 = −2ρcpm0u3∗
αgH

, (10.32)

p2 = − βcp (S − Si)

α
[
L + cp(T − Tf ) + ci�Ti

] . (10.33)

Parameter Q1 is the heat flux to the atmosphere required to balance the mechanically
driven entrainment. It is a rearrangement of the formula for the Monin–Obukhov depth
from (4.40). Flux Q1 is negative, meaning that Q1 corresponds to the rate of heat gain
required to arrest entrainment in the absence of any melting. We set ε = 1 in Q1 because
the upper layer must be gaining buoyancy B > 0 in order to counteract the effect of the
wind mixing if the entrainment speed vanishes.

Parameters Q1 and p2 depend on the state of the upper layer, in particular via T (hence α)
and H. A priori, it is hard to guess which are the appropriate choices to define the boundary
between the freezing and too-deep regimes in Figure 10.8. Nevertheless, among the family
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of Q∗(φ) curves defined by the (Q1, p2) parameters, we want the one with smallest Q∗ for
a given φ. That one is the least stringent restriction on the freezing domain in the left panel
of Figure 10.8. Therefore, we want the smallest |Q1| and |p2| (the modulus signs appear
because Q1 and p2 are both negative). The black curve in the left panel of Figure 10.8 is
this Q∗(φ) curve for the case of H = 200 m, the threshold for layers that are too deep,
and α(T) = α(TA), which is the relevant value here. This Q∗(φ) curve is a good fit to the
boundary of the freezing and too-deep regimes.

Notice that there is a smallest value of φ = φmin on this curve for very large Q∗/Q1.
That occurs when the total heat loss is much greater than the heat gained by entrainment;
namely, for large heat loss rates and small friction velocities. The smallest value of φ is

φmin = − 1

p2
= α

[
L + cp(T − Tf ) + ci�Ti

]
βcp (S − Si)

, (10.34)

which gives (10.2) when approximated. It applies for the largest value of α, which domi-
nates the variation in p2, and hence the largest temperature, T = T(0). For moderate Q∗/Q1

values we must have φ > φmin and hence a smaller salinity. The value φmin is plotted as
the dashed vertical line in Figure 10.8. It is a tight lower bound on the smallest φ for the
model runs that freeze.

Now that we know the smallest value of φ for an upper layer that reaches the freez-
ing temperature, we can compute the largest final salinity. The formula to use is (10.9),
which follows from the budget of salinity for a warm layer that cools to freezing without
any entrainment and melts ice with fractional efficiency φ. The salinity Sp(φ) predicted
by (10.9) appears in Figure 10.8 as the diagonal black line and is an excellent fit to the
numerical results shown with dots. The circle shows the maximum achievable salinity for
water at temperature Tf and φ = φmin,

Sp(φmin) = β (S − Si) [L + ci�Ti] S + α(T − Tf )
[
L + ci�Ti + cp

(
T − Tf

)]
Si

β (S − Si)
[
L + ci

(
Tf − Ti

)]+ α(T − Tf )
[
L + ci�Ti + cp

(
T − Tf

)] ,

≈ βS2

βS + α(T − Tf )
(10.35)

(notice that the upper layer temperature and salinity, T and S, replace the Atlantic Water
values used in (10.9)). The result of this formula is also shown on Figure 10.5. The predic-
tion agrees well with the maximum observed salinity in the East Greenland Current. The
total ice melted in the model (Figure 10.8) is simply given by (10.7) using the initial upper
layer thickness to compute the energy E.

Physically, the maximum salinity is achieved by the upper layer that simultaneously (a)
minimizes entrainment of warm Atlantic Water, and (b) minimizes the fraction of heat
lost to melt ice. Thus the total mass of ice melted is minimized and so the freshening of
the upper layer is minimized. Although entrainment of Atlantic Water increases both the
upper layer’s temperature and its salinity, the extra heat melts extra ice and (for reasonable
parameter choices) the net effect is to freshen, not salinify, the upper layer.

The main point is not that we can match the maximum salinity of the East Greenland
Current data in Figure 10.5. Judicious choice of the various parameters allows that. Instead,
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the main point is that there exists a physical mechanism that limits the maximum salin-
ity. One can imagine an ensemble of model runs with various different initial conditions
(Hinit, Tinit, Sinit) and forcing conditions (Q, φ, u∗). (Rudels has argued that the natural sys-
tem preferentially selects the case of minimum ice melt, which corresponds to a minimum
input of turbulent mechanical energy. The reasoning is different in detail from that pre-
sented here; Rudels, 2016, 2010; Rudels et al., 1999b.) The process described here using
the simple one-dimensional polar mixed-layer model selects a range of final salinities for
water that reaches the freezing temperature. Among this subset of runs there is a limit to
the maximum salinity possible, given by (10.35). We observe the same phenomenon in the
field measurements.

10.3.3 Beaufort Gyre Circulation: Eddy–Wind Balance

Here we expand the conceptual model of the Beaufort gyre from Subsection 10.2.2. Apart
from justifying the results in that section, the aim is to outline a general purpose model
of a wind-driven baroclinic flow equilibrated by mesoscale eddies. The argument applies
the geostrophic and thermal wind relations as previewed in Subsection 2.1.2. It also show-
cases a variation of the wind-driven eddying ACC model from Subsection 9.3.2 (see also
Exercises 9.9 and 10.8). Specifically, it applies the GM advective eddy parameterization
from Subsection 7.3.3 in its general form, (7.68). In the eddy-equilibrated ACC model of
Subsection 9.3.2, we used the GS diffusive eddy closure. That ACC model shows eddy
saturation; the present Beaufort gyre model also shows eddy saturation, with the details
dependent on the precise form of (7.68). A sample Beaufort gyre model solution appears
in Figure 10.9.

Begin by assuming that the wind and sea ice impart an azimuthal stress X(r) that depends
on radius r only, up to some maximum radius R. Beyond the gyre radius R the stress
vanishes and the density field is simply a function of depth, which we specify below. The
characteristic stress is X̂.

We assume the fluid has a flat bottom. Alternatively, we can think of the stratification
as strong enough to shield any deep bathymetry from the flow in the upper layers. This
assumption may be realistic for the Beaufort gyre, but be aware that it is unrealistic in
other contexts, such as the Antarctic Circumpolar Current.

The task is to exploit the essential balance in the buoyancy equation,

X

f
+ � = 0, (10.36)

to infer the density field ρ(r, z) in the gyre and hence the horizontal circulation from
geostrophy in the region of forcing. Notice that the eddy-induced streamfunction � from
(10.36) is a function of r only, because X only depends on radius. The eddy-induced speed
is purely vertical (upwards) to oppose the Ekman pumping. We must therefore acknowl-
edge that there are boundary layers somewhere near the surface and in deep water that are
missing from the model. These boundary layers ensure that the eddy-induced overturning
circulation respects the impermeability of the sea surface and sea floor. We assume that
the details of the boundary layers do not affect the principal balance in (10.36), but just
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�Figure 10.9 Solution for the eddy-equilibrated Beaufort gyre. The model parameters are: δ = 200m,
(ρs, ρd) = (1022, 1028) kgm−3,R = 600 km, τ̂ = X̂ρ0 = 0.015 N m−2, k = 3.7 × 106 m2s−1,
and f = 1.4 × 10−4 s−1. The case of an unstratified upper layer is shown (from Equation 10.61). The horizontal
speed contour spacing is 0.005 ms−1 (dashes indicate flow into the page) and the density contour spacing is
0.5 kgm−3.

act to recirculate the eddy-induced steamfunction in a physically reasonable way. Notice
also that this essential balance assumes the adiabatic limit (see Subsection 1.3.3 and Sub-
section 7.3.3), whereby diabatic effects are neglected. In other words, the cross-isopycnic
mixing is assumed to be negligible; a convenient idealization.
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Proceeding, we specify the eddy-induced streamfunction using (7.68), and so

X

f
+ k|γ n−1|γ = 0 (10.37)

for isopycnal slope γ = ρr/ρz and eddy efficiency k. This equation is solved for ρ(r, z)
using the method of characteristics, as follows. Differentiate ρ(r, z) with respect to a new
coordinate s (whose meaning will become clear),

dρ

ds
=
(

∂z

∂s

)
∂ρ

∂z
+
(

∂r

∂s

)
∂ρ

∂r
. (10.38)

From (10.37),

sign (X)

( |X|
fk

) 1
n ∂ρ

∂z
+ ∂ρ

∂r
= 0. (10.39)

Now define

∂z

∂s
= sign (X)

( |X|
fk

) 1
n

∂r

∂s
= 1, (10.40)

hence
dρ

ds
= 0, (10.41)

from (10.38), meaning that as s changes ρ is constant. Therefore, the s variable measures
the radial distance along a ρ contour from the edge of the gyre inwards. At the edge,
r = R, s = 0, and the density equals the background density of the fluid, ρ(R, z), which
applies around the gyre. We assume that the background density increases exponentially
with depth as,

ρ(r ≥ R, z) = ρd + (ρs − ρd) exp
( z

δ

)
, (10.42)

where ρs and ρd are the surface (z = 0) and deep densities (ρd − ρs = �ρ > 0) and δ is
the characteristic pycnocline thickness (which we must specify in this theory). Therefore,
the background buoyancy frequency N is given by

N2 = N̂2 exp
( z

δ

)
, (10.43)

with the characteristic value

N̂ =
√

g�ρ

δρ0
. (10.44)

The solution ρ(r < R, z) is found by integrating (10.40) inwards with a particular starting
value of z and ρ(R, z). For example, start at the surface at the gyre edge where ρ = ρs. We
find that the isopycnal ρs is displaced by,

�z(r) =
ˆ R

r
sign (X)

( |X|
fk

) 1
n

dr, (10.45)
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which is negative for anticyclonic forcing X < 0, indicating that the isopycnal is depressed
as in the Beaufort gyre. Because the integrand in this expression is only a function of
radius, not density, this formula actually applies for all density contours. Therefore, the
stratification in the gyre identically matches the background stratification, just displaced in
the vertical direction by �z.

For the case where the Ekman pumping speed is uniform, X(r) = −rX̂/R for r ≤ R
(and zero otherwise) the density contours at the gyre center are depressed by a (positive)
distance

�h =
ˆ R

0

(
X̂r

fkR

) 1
n

dr. (10.46)

Assuming that the Visbeck et al. (1997) eddy closure applies (for which n = 2, see (7.68)),
we find

�h = 2R

3

√
X̂

fk
, (10.47)

as in (10.4). The solution shown in Figures 10.9 and 10.6 is a particular example with these
assumptions and parameters relevant to the Beaufort gyre and is discussed below.

Now let us find the horizontal circulation in the gyre. The geostrophic current u(r, z)
satisfies thermal wind balance with the sloping isopycnals,

f
∂u

∂z
= − g

ρ0

∂ρ

∂r
, (10.48)

(from Subsection 2.1.2). Note that ẑ × ∇pρ in (2.9) in cylindrical coordinates equals(
− 1

r
∂ρ
∂φ

, ∂ρ
∂r , 0

)
. Hence, (10.48) applies for density with no azimuthal dependence. We

assume that the deep circulation vanishes and integrate the thermal wind equation upwards
to find

u(r, z) = −
ˆ z

−∞
g

f ρ0

∂ρ

∂r
dz′,

=
ˆ z

−∞
γ N2

f
dz′,

= sign(X)

( |X|
fk

) 1
n N̂2

f

ˆ z

−∞
exp

(
z′ − �z(r)

δ

)
dz′,

= sign(X)

( |X|
fk

) 1
n N̂2δ

f
exp

(
z − �z(r)

δ

)
, (10.49)

where �z(r) is the isopycnal displacement from (10.45). The displacement of the sea
surface η can be computed from this formula for z = 0 after applying geostrophic and
hydrostatic balance, namely.

η(r) = − f

g

ˆ R

r
u(r′, 0) dr′, (10.50)
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where we assume for convenience that the displacement vanishes at the edge of the gyre.
Also, the streamfunction for the depth-integrated horizontal flow, ϒ(r), is given by

∂ϒ (r)

∂r
=
ˆ 0

−∞
u
(
r, z′) dz′. (10.51)

For the case of uniform Ekman pumping and the Visbeck et al. (1997) closure, we
compute

�z(r) = −2

3

√
X̂

fkR

(
R

3
2 − r

3
2

)
. (10.52)

Therefore,

∂ϒ (r)

∂r
= −

√
X̂r

fkR

N̂2δ2

f
exp

[−�z(r)

δ

]
, (10.53)

from (10.49) and so

ϒ (r) =
ˆ R

r

√
X̂r′
fkR

N̂2δ2

f
exp

[−�z(r′)
δ

]
dr′, (10.54)

assuming that ϒ(R) = 0 at the gyre edge. Integrating, we find

ϒ (r) = δ3N̂2

f

{
exp

[(
R3/2 − r3/2

)
b3/2

]
− 1

}
, (10.55)

with length-scale parameter

b =
(

9fkRδ2

4X̂

) 1
3

= R

(
δ

�h

) 2
3

. (10.56)

The overall gyre strength is quantified by ϒ(r = 0), the value of the horizontal streamfunc-
tion at the center. In practice, we find that b > R (for example, b/R ≈ 2 in Figure 10.9).
Therefore the argument to the exponential function in (10.55) is small, and to reasonable
accuracy the total gyre transport is

ϒ (0) ≈ 2δ3N̂2

3f

√
X̂

fk
= δ2N̂2�h

f
. (10.57)

We assume above that the stratification is given by the exponential relation (10.43) even
for positive values of z − �z in (10.49). That means that the upper layers in the model
Beaufort gyre are more strongly stratified than the background water surrounding the gyre.
The switchover to exponential behavior in (10.55) when R � b, namely when �h > δ, is
controlled by this stratified upper layer.

An alternate assumption, perhaps more realistic, is to say that the upper layers in the
gyre have come from Ekman convergence of the surface water and therefore have constant
density equal to ρs. In this lens of unstratified (fresh) water the thermal wind vanishes
and therefore the surface speed and the total gyre transport ϒ(0) are diminished compared
to the stratified case (10.55). The lens is defined by the water shallower than �z(r). To

https://doi.org/10.1017/9781139015721.012 Published online by Cambridge University Press

https://doi.org/10.1017/9781139015721.012


378 Arctic Circulation

compute the transport ϒ(r) we proceed as before except that the integrand in the third line
of (10.49) is set to zero whenever z′ − �z(r) > 0. Therefore, (10.51) becomes,

∂ϒ (r)

∂r
=
ˆ �z(r)

−∞
u
(
r, z′) dz′ +

ˆ 0

�z(r)
u (r, �z(r)) dz′. (10.58)

We compute that

∂ϒ (r)

∂r
= −

√
X̂r

fkR

N̂2δ2

f
+ u (r, �z(r))�z(r),

= −
√

X̂r

fkR

N̂2δ [δ − �z(r)]

f
. (10.59)

Hence, from (10.52),

ϒ(r) = 2δ2N̂2

3f

√
X̂

fkR

⎡
⎣(R3/2 − r3/2

)
+ 1

3δ

√
X̂

fkR

(
R3 − 2R3/2r3/2 + r3

)⎤⎦ ,

= δ2N̂2�h

fR3/2

[(
R3/2 − r3/2

)
+ �h

2δR3/2

(
R3 − 2R3/2r3/2 + r3

)]
, (10.60)

and the total gyre transport is

ϒ(0) = δ2N̂2�h

f

(
1 + �h

2δ

)
. (10.61)

This result is very similar to the case of a stratified upper layer (10.57) for weak halocline
depression compared to the halocline thickness, �h/δ � 1. It is the basis for (10.5) in
Subsection 10.2.2. The transport ϒ(0) is essentially proportional to halocline depression
�h. The model can therefore exhibit a degree of eddy saturation, as discussed in Subsec-
tion 10.2.2, because �h goes to the 1/n-th power of X̂ from (10.46). Figure 10.6 shows the
n = 2 and n = 3 cases, for example.

Figure 10.9 shows the solution for this eddy-equilibrated model of the Beaufort gyre
with an unstratified upper layer. We choose representative parameters, in particular the peak
stress on the ocean, at the gyre edge, is X̂ρ0 = 0.015 N m−2, which is relatively weak com-
pared to typical wind stresses elsewhere (see Figures 3.1 and 3.2). The anticyclonic current
peaks at about 7 cms−1 and the total transport is ϒ(0) ≈ 6.5 Sv. The halocline depression is
�h ≈ 68 m, which is reasonably realistic. Notice that the model (either (10.55) or (10.60))
predicts the transport ϒ(r) given �h(r) and information on the stratification, which can be
estimated from hydrographic observations.

Here, we take a different approach. We estimate the eddy efficiency k by comparing the
model predictions with results from eddy-resolving calculations using an idealized GCM
(see Manucharyan et al., 2016 for details). Figure 10.6 shows the halocline depression
for seven eddy-resolving simulations with varying surface stress. The large triangle shows
the case of X̂ρ0 = 0.015 N m−2, as in Figure 10.9. The lines on Figure 10.6 show the
theoretical predictions for n = 2 (dashed) and n = 3 (solid). The model presented above
for n = 2 (in particular, (10.47)) is a good fit to the �h(X̂) values from the eddy-resolving
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runs, if we pick k = 3.7×106 m2s−1, which gives the dashed line in Figure 10.6. Referring
to the n = 2 closure for k from (7.68), we see that

� =
√

k

αN̂
≈ R/5 (10.62)

(recall that α is a dimensionless baroclinic instability parameter here).
It is unclear why the baroclinic zone width is only about 20% of the gyre radius in this
system. The surface current falls to zero in the gyre center, so it makes sense that the
baroclinic zone width should be less than the radius. The question is, how much less? A
complete theory would include a priori arguments about the value of � and its dependence
on the parameters in the problem (a complete theory would also account for the back-
ground stratification ρ(R, z)). Moreover, the results from the n = 3 eddy closure are about
as skillful as those from the n = 2 closure. These results are encouraging, although the
agreement is necessary, but not sufficient, for the simple model to be relevant to the real
Beaufort gyre. This statement means that other effects in the real Beaufort gyre may be
important and dominate. Still, the simple model has value because of its transparency and
applicability to other circumstances. It is a good working hypothesis for the basic dynamics
of the real Beaufort gyre.

10.4 Excursions: What Wrong Looks Like from the Inside, Part II

The Nordic Seas provide another example of conventional wisdom being replaced by a
new idea. On global scales, warm water becomes colder and denser as it flows to polar
regions, where the densest water sinks as part of the process of deep water formation.
Therefore, it was easy to accept a conceptual model of deep water formation in the Nordic
Seas in which surface water enters from the Atlantic and cools as it flows into central
regions of the basin, and part of the resulting water mass returns to the Atlantic in the dense
overflows at the Greenland–Iceland–Scotland Ridge. Some of the densest surface water in
the basin occurs in that area, which undergoes intense winter heat loss to the atmosphere
and dramatic convection. Numerical models of convection (Killworth, 1983) show how
an isolated region of cooling creates a subsurface tower of dense water that carries water
downward when it slumps due to eddy generation.

This model of Nordic Seas circulation was overturned by Norwegian oceanographer
Cecilie Mauritzen in her PhD dissertation (Mauritzen, 1996, and subsequent papers). She
showed that the water took a longer route from the inflow to the outflow, with most of
the cooling occuring in boundary currents around the periphery of the Nordic Seas and in
the Arctic Ocean. Much of the large heat loss in the central basin was merely part of the
seasonal cycle of temperature change of a thick layer of water, with relatively small volume
transports exchanged with incoming or outgoing water. Later, numerical experiments such
as Spall (2004) showed that a fluid exchange between cooling basin and the rest of the
ocean mostly occurs around the basin boundaries, with cold but relatively quiescent water
in the middle.

https://doi.org/10.1017/9781139015721.012 Published online by Cambridge University Press

https://doi.org/10.1017/9781139015721.012


380 Arctic Circulation

Mauritzen is soft-spoken but fearless. Long after her PhD, she sailed across part of the
South Pacific in a small wooden raft as chief scientist on the first leg of the Kon-Tiki2
Expedition (www.kontiki2.com). On the second leg, the raft was struck by 8 meter waves
and eventually crew and raft had to be rescued due to cumulative damage to the raft.

Exercises

10.1 (a) You place a container holding 3kg of freshwater at 15◦C in a freezer that removes
heat from the water at 40W (1W = 1Watt = 1Js−1). What is the temperature of
the water after 12 hours?

(b) You place a container holding 10kg of seawater at 15◦C and salinity 34.80 g/kg
in a freezer that removes heat from the water at 40W. What is the salinity of the
liquid water after 12 hours?

(For simplicity, neglect the change of freezing temperature with salinity.)

10.2 The liquid freshwater content m relative to a reference salinity Sref of a salinity
profile S(z) is given by:

m =
ˆ 0

zref

Sref − S(z)

Sref
dz, (10.63)

where S(zref ) = Sref .

(a) Explain why m measures the total thickness of a layer of freshwater that has been
hypothetically mixed into a water column of uniform salinity Sref .

(b) Imagine removing 15m of water from the top of the upper Arctic ocean which
has a uniform salinity of 34.8 g/kg. Replace it with 15m of freshwater and then
completely mix the upper 50m of the water column. Draw the salinity profile as
a function of depth. What is the liquid freshwater content?

(c) Estimate the liquid freshwater content from the Arctic salinity profile in Fig-
ure 10.3, making sensible simplifying assumptions that you clearly state.

10.3 Use, for example, the NODC Arctic regional climatology for this question (see Fig-
ure 10.4 and Appendix A). You may also find the freshwater budget in Haine et al.
(2015) or Carmack et al. (2016) useful.

(a) Write software code to compute the liquid freshwater content of an arbitrary
hydrographic profile, using (10.63).

(b) Compute m from your hydrographic climatology as a function of latitude and
longitude, and make a map. Where is the greatest and least liquid freshwater
stored in the Arctic Ocean?

(c) Integrate m over the Arctic ocean to compute the volume of the liquid freshwater
reservoir (see Subsection 10.1.1) in cubic kilometers. Compare and contrast your
answer to the volume of liquid freshwater stored in sea ice, which you should
estimate from the information in Subsection 10.1.1 (assume the area of the Arctic
Ocean is 9.7 × 106 km2).
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(d) Using the values for the fluxes in Subsection 10.1.1, estimate the residence time
for liquid freshwater in the Arctic Ocean. Make simplifying assumptions that
you clearly state.

10.4 Estimate the thickness of ice that would melt if all the heat in the Atlantic Water sup-
plied melting. Clearly state your assumptions and comment on your result compared
to the typical thickness of Arctic sea ice.

10.5 Using the polar mixed layer model of Subsection 10.3.2:

(a) Consider the Q∗(φ) curve separating the unstable regime from the too-deep
regime. Estimate this function, compute it for the example shown in Figure 10.8,
and comment on the agreement.

(b) Now consider that detrainment can occur, namely we is not clipped to nonneg-
ative values (remove the maximum function in (10.25)). Investigate how the
results in Figure 10.8 change. Explain your findings using simple theory.

(c) Explore other solutions for a range of parameter settings, such as wind forcing,
initial surface layer depth and properties. What happens if there is not enough
sea ice to melt? What happens if new sea ice forms as cooling continues once
the surface layer reaches freezing?

Hint: Begin by constructing a numerical model to solve the polar mixing model
equations (10.21–10.27). Reproduce Figure 10.8, then proceed to answer the ques-
tions.

10.6 Explore the behavior of the polar mixing model solutions in temperature-salinity
space, for instance in Figure 10.5. Namely, consider how the properties of the
upper layer evolve for different (Q, φ) parameters. Hence, explain the range of final
salinities possible for parameters in the freezing regime of Figure 10.8.

10.7 Using the Beaufort gyre model:

(a) Repeat the analysis of Subsection 10.3.3 for the GM eddy closure with constant
κ , rather than the Visbeck et al. (1997) closure. What are the main conceptual
differences between these models of the Beaufort gyre?

(b) Compute the total freshwater storage in the gyre as a function of the wind forc-
ing and stratification for both the GM and the Visbeck et al. (1997) closures.
Thus, explain how eddy saturation affects the freshwater storage capacity in
these models.

10.8 Compare and contrast the Beaufort gyre model (Subsection 10.3.3) with the wind-
driven eddying model of the ACC (Subsection 9.3.2). Identify the similarities and
differences between the two models. Comment on the statement that the Beaufort
Gyre is dynamically similar to the ACC.

Hint: Exercise 9.9 is helpful.
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