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ABSTRACT. Seasonal and interannual variations in surface elevation at the Greenland
summit are modeled using a new temperature-dependent formulation of firn densification
and are compared with elevations from European Remote-sensing Satellite (ERS-1/-2) radar
altimetry. The rate constant and activation energy, usually set as constants in the Arrhenius-
type relation, are strongly temperature-dependent, based on measurements of crystal-
growth rates. A multiplicative factor in the densification rate accounts for differences
between densification and grain-growth rates and is chosen to match the modeled and meas-
ured density profiles from 0 to 40 m. The stronger temperature dependence produces a signifi-
cant seasonal cycle in the densification rate in the upper firn. Much of the densification and
consequent surface lowering occur within 3 months in late spring/early summer, followed by a
build-up from accumulation. Modeled elevation changes, using automatic weather station
measurements of temperature and accumulation and modeled precipitation, agree well with
observations. The respective seasonal amplitudes are 18 and 25 cm peak-to-peak with mini-
ma in mid-summer. The minimum elevation in 1995 is driven mainly by a temporary accu-
mulation decrease and secondarily by warmer temperatures. Increased compaction driven
by a summer warming trend decreases the modeled elevation (1992-99) by 20 cm, but accu-

mulation increases in latter years dominate the overall 4.2 cma ' trend.

INTRODUCTION

Glaciers and ice sheets continuously adjust their dimensions
in response to current and past climatic change. Long-term
(>10" years) changes of the surface elevation are primarily
due to changes in ice dynamics reflecting past mass-balance
states of the ice sheet. Short-term decadal or seasonal changes
are caused by interannual or seasonal variations of weather
conditions such as snow accumulation and surface air tem-
perature (e.g. Braithwaite and others, 1994). Changes in sur-
face elevation of polar ice sheets are of great importance to
mass-balance studies since changes in ice volume may be
determined from changes in ice thickness obtained from sur-
veys of changes in surface elevation by satellite altimetry (e.g.
Davis and others, 1998; Shepherd and others, 2001; Zwally
and Brenner, 2001). Surface elevation changes are equivalent
to ice-thickness changes minus the vertical motion of the bed-
rock, which is generally smaller and can be separately esti-
mated. However, short-term changes caused by variations in
rates of near-surface firn compaction must also be accounted
for (Arthern and Wingham, 1998).

In dry-snow zones, seasonal and interannual changes in
surface elevation may be caused by variations in the rates of
accumulation and firn densification. The rate of densification
is also affected by the firn temperature and rate of accumu-
lation. Field observations in West Greenland show that vari-
ations of near-surface firn density can cause annual surface
elevation changes of the order of £10-20 cm (Braithwaite
and others, 1994). McConnell and others (2000) have recently
modeled accumulation rates based on data from 11 ice cores
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located near the 2000 m contour of the Greenland ice sheet.
They suggest that the ice-sheet elevation varies by tens of
centimeters from year to year simply because of changing
snow accumulation.

Ice-sheet surface elevations derived from satellite radar
altimetry have exhibited scasonal variations (Zwally and
others, 1989; Y1 and others, 1997), but the specific cause of
these seasonal variations in dry-snow zones has been uncer-
tain (Y1 and others, 1997). In the percolation areas of Green-
land, an observed seasonal cycle (2 m peak-to-peak at 1200—
1700 m elevation) with a maximum in mid-April just before
the melt season and a minimum in mid-October is consistent
with a lowering caused by a combination of summer melting
and melt-induced firn compaction (Zwally and Brenner,
2001). Also, the observed elevations in the ablation zones show
similar summer minima that can be associated with summer
melting. However, in the dry-snow zones, observed ampli-
tudes of several tens of centimeters, with a minimum typically
occurring in summer, are generally larger than expected from
seasonal variations in snowfall alone. Other potential causes
for seasonal variations in Geosat altimetry data discussed by
Yi and others (1997) include unresolved satellite orbit errors,
variations in the subsurface vs surface radar backscatter and
variations in firn densification. However, examination of
European Remote-sensing Satellite (ERS) orbit quality over
oceans eliminates orbit errors as a cause. Also, the observed
seasonal cycles with a winter maximum have not been
explained by seasonal variations in the effective radar-back-
scatter depth. If anything, new fine-grained winter snow
should allow more radar penetration and cause detection of
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Fig. 1. Variations of surface air temperature, accumulation rate
and snow surface height at the Greenland summit ice sheet,
April 1992—April 1999. The temperature data were compiled
Srom AWS and passive-microwave measurements by Shuman
and others (2001). Accumulation rates are from atmospheric
(P — E) modeling results from D. H. Bromwich (unpub-
lished information) normalized to the mean accumulation rate
at the summat, and from AWS sonic measurements of surface
height by Steffen and others (1999). Surface elevation time series
is derived from ERS-I/-2 satellite radar altimeter measure-
ments with multivariate linear and seasonal sinusoidal fil.

alower surface, giving a winter elevation minimum in contra-
diction to the observations. Furthermore, calculations of a
seasonal cycle in firn compaction using a densification model
and similar to Herron and Langway (1980) or Arthern and
Wingham (1998) gave a small seasonal amplitude of only a
few centimeters (personal communication from M. Spencer
and R. Alley, 2000).

The temperature dependence of densification rate from
the constitutive relation used in previous models 1s based on
the Arrhenius equation, with an exponential function of both
activation energy and temperature, and a multiplicative rate
constant that is independent of temperature. Although the
Arrhenius formulation is widely used to describe various pro-
cesses in snow and ice, including ice deformation (Paterson,
1994) and grain growth (e.g. Gow, 1969), different values of
the activation-energy “constant” are typically used for differ-
ent processes or for different regimes of the same process. For
example, Herron and Langway (1980) used different rate
constants and activation energies for density less than or
greater than 550 kg m * in their densification model. Arthern
and Wingham (1998) used different formulations and constants
at different depths in their densification model to describe the
dominant deformation processes such as grain-boundary slid-
ing (e.g. Alley, 1987a) or dislocation creep (Wilkinson and
Ashby, 1975). The relevant parameters were determined by fit-
ting field density profiles assuming accumulation rate and
temperature are both constant (Herron and Langway, 1980;
Alley, 1987a). However, this is not the case in practice,
because snow precipitation varies in time, and temperatures
in upper firn layers vary greatly during the year. Also, meas-
ured density profiles exhibit large variations around a gener-
ally increasing density with depth. Some of these variations
appear to be seasonal and have been attributed to variations
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in deposition or various processes in the firn (e.g. Gow 1968;
Koerner, 1971; Alley, 1987b; Han and Yang, 1988; Qin and
others, 1988; Gerland and others 1999).

In our model, we take into account the seasonal cycle of
temperature in the upper firn, which is important because
of the non-linear dependence of temperature even in the
standard Arrhenius-type formulation. More importantly,
however, we use a temperature-dependent activation energy
and a temperature-dependent rate constant based on the
crystal-growth studies of Jacka and Li (1994). Using the
detailed records of accumulation and temperature from an
automatic weather station (AWS) at the Greenland summit
(Steffen and others, 1999), and atmospheric model results on
precipitation variations (D. H. Bromwich and others, unpub-
lished information), we model the densification rates of firn
and obtain elevation changes for comparison with the satel-
lite altimeter measurements. Our reference location for this
study is 72°34" N, 38°27" W (Summit), which is the approxi-
mate location of Greenland Ice Sheet Project 2 (GISP2) and
the AWS about 25 km west of the actual summit. The radar
altimeter measurements are averages over an area of
100 km radius around this location.

SURFACE CONDITIONS

A continuous surface daily mean air-temperature record for
the Greenland summit region over the period 1987-99 has
been constructed by Shuman and others (2001) from a
composite of data from three AWSs since 1995 and satellite
passive-microwave data from the same locations. Figure 1
shows their smoothed daily temperature curve. The surface
air-temperature data over the period April 1992—April 1999
show an average maximum of about —6°C, with an annual
mean of about —29°C. Both mean summer (June—August)
and mean annual temperatures show a general increasing
trend and an interannual variability of about 5°C, with a
minimum in 1992 and a maximum in 1995. Hourly AWS
data for 1996-99 (Steffen and others, 1999) show an average
diurnal amplitude of about 9°C.

Snow accumulation data have been collected from AWSs
for the Greenland summit between May 1995 and August
1998 using the sonic technique (Steffen and others, 1999). A
sonic sensor continuously measures the distance between the
snow surface and the sensor on the AWS tower. Decreases in
distance are caused mainly by snow accumulation (snowfall
and drift), and increases in distance by evaporation and wind
erosion. The regression line through the measured distance vs
time gives a surface rise of 62.5cma ', which, multiplied by
the near-surface firn density, gives the accumulation rate.
Averaging over the firn density profile to 62.5 cm depth, which
corresponds to the firn added in 1year, gives an average firn
density of 400kgm * (compared to a surface density of 332
kgm ) and an annual accumulation rate of 250 kgm “a .
This density estimate attempts to account for the effects of
new-snow compaction for an AWS pole tower inserted a few
meters in the firn. The accumulation rate obtained is close to
the 255kgm %a ' from Zwally and Giovinetto (2000) and
slightly higher than the 220kgm *a ' from Ohmura and
Reeh (1991). The accumulation time series derived from the
AWS in Figure 1 shows two sudden increases of snow surface
height of approximately 40 and 20 cm in January 1995 and
July 1997 caused by large snowstorms.

Recently, D.H. Bromwich and others (unpublished


https://doi.org/10.3189/172756502781831403

Lwally and Li: Firn densification and ice-sheet surface at Greenland summat

Alt) / po

Accumulation

v v
Vic(t) B(t)

Firn compression Ablation

Snow Surface

dH(t) A(t
? = go) =Vidt) Ve B(1)

Fig. 2. The velocity components contributing to surface eleva-
tion change at a given location are accumulation, ablation,
firn compression, and the vertical motion due to ice flow.

information) re-evaluated the precipitation—evaporation
(P—E) distribution over the Greenland ice sheet over the
period 1985-99, using the re-analysis of atmospheric model
data. A pronounced downward trend in annual precipitation
for the period 1985-95 was followed by a marked increase for
the period 1995-99. However, the model-derived P—E for
the Greenland summit is about 50% smaller than the accu-
mulation rate derived from the AWS sonic measurements.
Therefore, we normalize their modeled snow precipitation
for the Greenland summit by using the mean accumulation
rate (250 kg m “a ') derived from AWS measurements over
the period April 1992—April 1999, as shown in Figure 1. Inter-
estingly, the modeled precipitation also shows significant
peaks in the fall of 1995 and the spring of 1997 corresponding
to the storms observed in the AWS data, albeit with smaller
amplitudes.

The summit region of the Greenland ice sheet is in the
dry-snow zone due to its negligible summer melting (Benson,
1962). The density profile (Gow and others, 1997) for the sum-
mit region shows a firn—ice transition depth around 75-77 m
where the firn density reaches approximately 830kgm .
During May 1987, a number of shallow cores (to approxi-
mately 17 m depth) were recovered over a 150 x 150 km survey
grid in central Greenland (Bolzan and Strobel, 1994).
Detailed density measurements were made in depth intervals
of <0.Im (personal communication from J. F. Bolzan, 1999).
The regression line through the data from eight cores gives a
surface snow density of 332 kgm , increasing to 550 kg m
by 15 m depth.

SURFACE H(t) FROM RADAR ALTIMETRY DATA

The observed elevation variations are derived from ERS-1 and
-2 radar altimeter data for the period April 1992—April 1999
using procedures described in Zwally and Brenner (2001). Ele-
vation changes are derived from surface elevation differences,
dHy = Hy — Hy, measured at crossover locations where sub-
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satellite paths intersect at successive times t2 and 1. Sets of N
values of (dHy1), are averaged over selected areas to reduce
the error of the mean. Time series of surface elevations, H(t),
having sufficient resolution to show seasonal changes are cre-
ated by the sequence of average crossover differences between
the first 90day interval and each of the successive 90 day
intervals, combined with the sequence from the second inter-
val crossed with each successive interval, and so forth for the
sequences for the third and greater intervals. Typically, cross-
overs within a 100 km radius and £250m elevation of the
central point are included. The data are also corrected for an
unexpected inter-satellite bias that was determined by Brenner
and others (2000) from analysis of crossover differences
acquired during the 12 months of overlapping operation of
ERS-1 and -2. At Summit, the bias lowers ERS-2 elevations
by 10.6 cm relative to ERS-1. A multivariate linear/sine func-
tion is then fitted to the H(t) series giving a linear trend,
amplitude of the seasonal cycle in the data, and its phase.

The H (t) elevation series for the summit vicinity for the
period April 1992—April 1999 is shown in Figure 1 with the
fitted linear trend and seasonal cycle. The regression line
shows that the winter snow surface is higher than the sum-
mer one, with an average amplitude of 25 cm peak to peak
and a minimum in mid-July. The average increase of the
surface height is 42 cma ' during this period. Note that a
significant (~0.5 m) downward trend in the surface eleva-
tion occurs between 1992 and 1995, followed by a pro-
nounced increase from 1995 to 1999.

SURFACE-ELEVATION AND FIRN-DENSIFICATION
MODEL

Surface elevation change

The elevation change of the ice-sheet snow surface is the
consequence of several vertical velocity components as illus-
trated in Figure 2. Snow accumulation increases the surface
height at the rate A(t)/po, where A(t) is the accumulation
rate and py is firn density at the surface (=300 kgm ). Firn
compaction, ice flow and surface ablation reduce the surface
elevation (f), so

@:@—V}C(O,ﬂ_v{ce_

= B, ()
where Vic(20,t), Vice and B(t) are the components of vertical
velocity of the surface due to firn compaction, ice flow and
surface ablation, respectively. All components in Equation
(1) are a function of time (t), but Vi, changes on time-scales
much longer than the seasonal changes of the other com-
ponents. In dry-snow zones such as the Greenland summit,
B(t) may be neglected. On short time-scales (e.g. decadal),
Vice 1s approximately constant. Therefore, variations of the
surface height H(t) on seasonal to interannual time-scales
are determined by variations in the rates of snow accumu-
lation and densification.

Velocity of firn compression

In steady state, the mass flux, V(z)p(z), through any firn
depth is a constant that is equal to the mean accumulation
rate, (A) = p;Vice, where (A) is independent of time and p; is
the density of solid ice (917 kgm °), so V(2) = (pi/p(2)) Vice-
Since the total velocity V(z) is equal to Vi(2) + Vice, the
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velocity of firn compaction, V.(z), due to densification of firn
below depth z is given by

V}c(z) = ( - 1) Viee = @ — Vice - (2)
p(2) p(2)

For example, near the surface, Vi(0) &~ 2.1V, and the total

downward velocity of firn near the surface is V(0) = 3.1 Vi

Therefore, during short intervals when A(t) = 0, the rate of

surface lowering is about three times faster than the downward

motion of ice at depth below the firn, even though the system is
in steady state and dH (¢)/dt = 0 on longer time-scales.

In non-steady state, Vi.(z,t) depends on the integral of
the rate of densification below depth z,

Vie(z, ) = / % dfl(:) dz, (3)

Zi

where z; is the depth at which p(z) is p;.
Firn densification rate

The densification rate at depth in dry firn is determined by
the overlying pressure, firn temperature and firn density (cf.
Bader, 1962; Shapiro and others, 1997). In our model, we use
a constitutive equation for densification based on the semi-
empirical equation derived by Herron and Langway (1980):

dpé? t) _ K(T)Ae P plzt) )

1

where K is a “rate constant”, which is solely dependent on
temperature, and A is the mean accumulation rate. The con-
stitutive relation given by Equation (4) accounts for effects of
stress and temperature on the densification rate, without
attempting to describe the specific processes in the pressure
sintering of ice such as grain-boundary sliding (Alley, 1987a),
dislocation creep (Wilkinson and Ashby, 1975) and boundary
and lattice diffusion (Coble, 1970) as used in the treatment by
Arthern and Wingham (1998).

Equation (4) was based on the suggestion that the propor-
tional change in air space during densification is linearly
related to the change in stress due to the weight (p) of overlying
snow (Robin, 1958), i.e. dp/dt o< (p; — p) dp/dt. The weight
change is represented by the accumulation rate (A) which is
normally a function of time (¢), i.e. dp/dt = A(t)/p;, and
K (T) represents the constant of proportionality. The exponent
avis an empirical constant introduced by Herron and Langway
(1980) to account for differing stages of densification or densi-
fication mechanisms. Using data collected from 17 sites in
Greenland and Antarctica, Herron and Langway (1980)
derived a value of @ & 1 for densities less than 550 kg m ° and
we use « ~ | for all densities.

The temperature dependence of the densification rate
has been taken to follow the Arrhenius relation

k) -rmes(-57).

similar to formulations for the processes of ice creep and
grain growth. Although both Kj and the activation energy
E have usually been taken to be constants independent of
temperature, Bader (1962) found that E varies from 41.8 to
100.4 k] mol ' for snow with different densities, with a “rea-
sonable mean” of 58.6 k] mol . Herron and Langway (1980)
empirically derived average E values of 10.16 and 21.4kJ
mol ' for densities below and above 550 kg m >, respectively.
Alley (1987a) obtained a value of 41kJ mol ' from modeled
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Fig. 3. Field and laboratory experiments of ice-grain growth
data show that both activation energy E (a) and the rate “con-
stant” Ko (b) are strong functions of temperature. E(T)
data and K ('T') values obtained from Jacka and Li (1994).

density profiles for four Antarctic sites, a value which is rather
close to the one often used for grain growth (42kJ mol
Paterson, 1994). However, previous studies on ice creep and
grain growth (e.g. Barnes and others, 1971; Budd and Jacka,
1989) suggested that the activation energy is a function of
temperature. Based on laboratory data on grain-growth and
ice-creep rates, Jacka and Li (1994) examined the tempera-
ture dependence of the activation energy (Fig. 3a) by apply-
ing Equation (5) to data for small increments of the
temperature. They found that E(T) increased significantly
with temperature, especially above —10°C. Values of E for
grain growth were similar to the values for ice creep.
Increasing values of E(T') with increasing temperature
cause the rate K(T) in Equation (5) to decrease with tem-
perature, if K is taken to be a constant. However, a decrease
would be in marked contradiction to the measurements of
K(T) that show a strong increase with temperature (Jacka
and L1, 1994). To increase with temperature strongly enough
given the data on activation energy, the factor Ky(7) in
Equation (5) must increase with temperature. Using the
K(T) data for grain growth given by Jacka and Li (1994,
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Fig 4. Comparison of density profile computed at three different
values of empirical constant 3 as indicated beside each curve.

table 2) and their derived E(T') values, we derived the cor-
responding Kog(T) as shown in Figure 3b. The best-fit
power-law curves through the activation energy E(T') and
the corresponding values of the Ky (7") factor are shown in
Figure 3a and b. Both curves have correlation coefficients
greater than 0.99. The stronger temperature dependence of
Ko (T) compared to E(T') is shown by the larger exponent
on the inverse temperature.

To account for differences between the rates for the pro-
cesses of densification and grain growth, we introduce an
empirical constant 3 in the rate factor Ko(T'):

Ko(T) = BKoc(T), (6)

where K(T) is the rate factor for densification and Ko (T) is
the derived factor for grain growth. Changing the value of 8
varies the rate of densification, and should therefore change
the gradient of density with depth in the modeled density
profiles. Figure 4 shows a numerical experiment with our
densification model (described below) for three values of 3
using the smoothed density profile from the Greenland sum-
mit as an initial condition in the model. As expected, the gra-
dient of the density changes with 5. In addition, the modeled
amplitude of the seasonal cycle of density also varies with 5.
The chosen value of # = 80 produces a modeled density
profile that matches the smoothed density profile of the initial
condition (also shown in Fig. 4). Although the measured
profile appears to lie notably below the modeled profile in
the figure, the smoothed value is actually very close to the
measured density (difference is <10kgm °), because the
modeled seasonal variation in density is not symmetrical.

Firn temperature profile

Li and others (in press) have analyzed firn- and ice-tempera-
ture evolution driven by surface air temperature during the
period 1982-99 for the Greenland summit. The temperature
analysis follows the standard one-dimensional time-depen-
dent heat-transfer equation (Paterson, 1994) written by

ot dz 0z

where ¢ = ¢(T) is the heat capacity and k = k(p(2), T) is the
thermal conductivity, v is vertical velocity, and f is internal

pcg = kVT + (dk - pcv) or +f, (7

heating. For the advection term, which is small, we use
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Fig. 5. (a) Variations of firn temperature calculated at several
depths above 15m for the Greenland summut region, April
1992—April 1999. The number beside each curve indicates the
corresponding depth. (b) Interannual variations of summer
( Fune—August) mean firn temperatures at several depths,
April 1992—April 1999. The trend in surface summer tempera-
ture is +0.5°Ca .

v(2) = (A)/p(z) based on steady-state conditions and a con-
stant (A) =250kgm “a ' The small f term is also neglected.
Figure 5a presents computed firn-temperature variations
at several selected depths over the period April 1992 —April
1999. We use daily mean temperature data (Fig. 1) and an
approximation for the diurnal temperature cycle of about
9°C. The approximation in our model takes the temperature
for half of each day to be the daily mean plus 4°C, and for the
other half-day the daily mean minus 4°C. The temperature
analysis shows that in addition to the seasonal cycles of firn
temperature, significant interannual variations of the mean
summer (June—August) temperatures occur at various
depths. The interannual variability of summer temperature
is > 5°C at the surface, diminishing to about 1°C at 10-15 m,
as shown in Figure 5b. The trend in surface summer tempera-
ture is positive at 0.3°Ca ', and the trend in mean annual
temperature for this period is also positive at 04°Ca .

Multi-layer numerical model

The surface height variations with time (Equation (1))
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depend on the variations of new accumulation at the surface,
A(t), and variations in the velocity of firn compaction,
Vie(2, 1), as given by Equations (3-6). The rate of firn densifi-
cation at time ¢ depends on the existing density profile p(z, t),
as well as the temperature profile, T(z, t), which also depends
on the density profile according to Equation (7). Therefore,
Vie(2,t) depends on the densification and temperature his-
tory, and solution of the time-dependent equations must be
coupled in order to calculate Vi (0,t) and dH /dt.

The equations are solved using a multi-layer numerical
model. Taking the density within each layer n of thickness
hy to be uniform, the rate of change (vy;) of the layer thick-
ness that is caused by the density change at depth z, for one
time interval (d¢) at time j is given by

dhnj hnj dpnj

We consider densification in the firn between the surface
and depth z4 to be the seasonal part, where zq >15m,
because of seasonal variations of firn temperature in this
range, and below zq as the non-seasonal part. Below 24, the
vertical velocity of firn compression is calculated based on
Equation (2) under the steady-state conditions from

Vie(za) = <p(’;fd) - 1) Viee )

which is therefore independent of the small temperature

variations below z4. Above zq, Equation (7) is used to calcu-
late firn temperatures.

After substituting Viee = (A)/pi, neglecting B(t), and
splitting V.(2) into three terms, Equation (1) for the height
change dH for each time-step, dt, becomes

dH( ) M-1
T dt ; ‘/IILJ Zrm Z‘/nj Zm
A
Vi) - AL (10)

1
The model is initialized at ¢ = 0 with the measured density
profile measured at the summit (personal communication
from J. F. Bolzan, 1999). The vertical velocity from additional
A(t;)dt/ po,
followed by a decrease on subsequent days as the new preci-
pitation compresses. The compression of the new layers is
given by the second term, which sums from 1 to M —1 the
change in thickness of these layers, as given by Equation

accumulation at each time-step 1s upward by

(8), where M is the new surface layer formed at ¢;, and
M = t;/dt is the total number of these layers. The firn from
the initial surface to zg, which is initially set to 15m, is
divided into N layers, each with initial thickness of 0. m.
Near the surface, these layers correspond to about 1/7 of the
annual deposition. The third term sums the change in thick-
ness of the N layers, also as given by Equation (8). The
fourth term is Vi.(2q) for the compression below zq, which
is given by Equation (9). The surface elevation H(t) is
obtained by numerical integration of Equation (10).

RESULTS AND DISCUSSION

Seasonal elevation and densification variations

To examine seasonal variations, the densification/elevation
model is driven by a constant accumulation rate of (4) =
250 kgm ?a ' and a fixed seasonal cycle of surface air tem-
perature. The temperature cycle has an annual mean of
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Fig. 6. Modeled steady-state seasonal variations of surface ele-
vation _for the Greenland summit (a, b) together with corres-
ponding density changes (c). Solid and dashed lines in (¢)
show the modeled density variation and the field density meas-
urements ( personal communication from J. F. Bolzan, 1999),
respectively. The variations are driven by surface air tempera-
ture with a regular annual cycle with amplitude 27° and mean
—29°C at constant accumulation rate of 250 kgm *a ' The
seasonal variation in surface elevation s 18 cm, but the seasonal
variation in the height of the initial surface decreased quickly as
it was buried by new accumulation. The seasonal variation in

density is about 140 kg m >, which decreases with depth.

—29°C and a seasonal amplitude of 27°C, with a maximum
in July. The model time-steps are d¢ = 12 hours, and for each
time-step A(t;) - dt = (A)/730. Diurnal temperature vari-
ations, which can be significant in the top meter of firn, are
included in the model because of the strong non-linear depen-
dence on temperature. As noted above, the diurnal cycle is
approximated by adding 4°C to the seasonal cycle for half
of each day and subtracting 4°C for the other half. This
treatment is rather close to field observations. Alley and
others (1990) monitored hourly surface snow-temperature
variation at the GISP2 site. Their data indicate that 12 hour
mean surface temperature is about 5°C above and below the
daily mean.
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Fig. 7. Comparison of modeled and observed interannual changes
of the snow surface elevation, 1992-99, at the Greenland summat.

Figure 6a shows the seasonal variations in the surface
elevation, which are expanded in Figure 6b, as well as the
sinking of the initial surface as it 1s buried with additional
accumulation. April is chosen as the starting month because
that is the start of the altimeter elevation series and corres-
ponding data in Figure 1. In this case, the driving of surface
increases 1s constant in time, and the resulting seasonal vari-
ations in the surface elevation are driven solely by the tem-
perature-dependent variations in densification. The modeled
peak-to-peak amplitude of the seasonal variation of surface
height is 18 cm, which is close to the 25 cm mean amplitude
shown in the radar altimetry measurements. The minima
occur in late August which is also close to the mid-July average
minima in the altimeter elevation data.

Much of the firn densification and consequent surface
lowering occurs during about 3 months of the late-spring
to early-summer season when the upper firn is warmest.
After the maximum in summer temperature in July, the
upper firn cools and the rate of densification decreases.
After the period of maximum compaction ends in late sum-
mer, the accumulation rate dominates the compaction rate
through winter until the next spring and the surface rises.
The enhanced firn compaction driven by the higher tem-
peratures of summer is most striking in the near-surface firn
within 1 m, and quickly diminishes with increasing depth, as
indicated by the small variations in elevation of the initial
surface curve in Figure 6a.

The diurnal temperature cycle is also significant in
warming the upper part of the firn and increasing the rate
of summer densification. When the model is run with a fixed
daily temperature, without the approximation for the diur-
nal cycle, a slightly large value of 8 = 11is required to match
the modeled density profile to the measured profile. The
corresponding seasonal amplitude is also somewhat smaller
at 11 cm instead of 18 cm.

The seasonality of the compaction rate is also reflected in
the seasonal variations in the density profile (Fig. 6¢). Corres-
ponding density variations with depth are shown in the
density measurements made at 10 cm depth intervals. The
density-profile data from the summit core (personal commu-
nication from]J. F. Bolzan, 1999) for the top 4 m are also shown
in Figure 6¢. The model and the core data are reasonably
similar considering that the point measurements of the core
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Fig. 8 Modeled elevation change caused by (a) observed tem-
perature variations with constant accumulation and (b)
observed/modeled accumulation variations with a seasonal
variation in temperature without interannual variations.

also include spatial variability in deposition processes not
included in the model. The magnitude of the density vari-
ations, which is about 100 kg m ” in amplitude, reduces with
increasing depth in both the model and the measurements,
but not as much in the field data below 4m as would be
implied by the small amplitudes at 2-4 m depth. Below 4 m,
the core data also show approximately one cycle in density
per year. A similar seasonal density cycle has been observed
in high-resolution density measurements made on firn/ice
cores in Antarctica (Gerland and others, 1999), and may be
reflected in the typically wide scatter of densities in other less
detailed density profiles as noted in the introduction.

Interannual elevation variations

As shown in Figures 1 and 5, both the temperature and accu-
mulation datasets used to drive the densification/elevation
model have significant interannual variations during the
period April 1992-April 1999. The modeled H(t) elevation
series from driving the model with the temperature and accu-
mulation data is shown in Figure 7. For comparison, the
observed H(t) elevation series derived from radar altimetry
measurements (overlain in Fig. 7) closely follows the modeled
elevation, although the observed series shows several larger
spikes. Both curves indicate that surface elevation at the
Greenland summit decreased about 40-60 cm between 1992
and 1995 followed by a marked increase of 50-80 cm. Along
with these variations, both curves also show significant
seasonal peaks, caused by the seasonal cycles of the surface
temperature in the model.

To separate the effects of temperature and accumulation
variations that are input to the model, we first compute the
elevation change with the observed temperature variations
(seasonal and interannual), but with a fixed accumulation
rate (curve a in Fig. 8). Curve a shows the seasonal cycle in
surface elevation with a sharp lowering during late spring to
early summer. However, it also shows an interannual vari-
ability in both the seasonal amplitude and the year-to-year
changes. For example, the seasonal amplitude is large during
the warmer summer of 1995 (cf. temperature in Fig. 5b) and
small during the colder summer of 1996. There is also a gen-
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eral decrease in elevation, which is due to the increasing trend
in temperatures during this period, particularly in summer.
A modeled elevation decrease of about 20 cm is the response
to the increase in summer temperatures during this period.

To examine the effect of accumulation variations (inter-
annual and seasonal), we compute the elevation change with
the observed variable accumulation rate and a fixed seasonal
temperature cycle, but without any interannual variations in
temperature (curve b in Fig. 8). Analysis of the accumulation
data in Figure | using the multivariate fit (linear with a sinus-
oidal seasonal cycle) gives an increasing trend of 10kgm ?
a 'a !, a seasonal amplitude of 119kgm ?a ', and a seasonal
maximum at the end of May. Tor the first 3 years, in particu-
lar, the seasonal cycle of accumulation is out of phase with the
cycle of firn compaction, which is shown by the reduced
amplitude of the seasonal cycle of curve b vs curve a.

Curve b shows that the interannual variations of accu-
mulation dominate the interannual changes of the surface
elevation over this period. Although the 7year trend in
accumulation is positive, there is a significant decrease
through mid-1995 followed by a marked increase. In response
to accumulation changes, the surface elevation decreases
notably between 1992 and 1995, followed by a significant
increase. Although the decrease from 1992 to 1995 is primarily
driven by accumulation, the warmer summer temperature of
1995 also contributes to the minimum shown in both the
model and the altimeter observations. Over the 7 years, the
effect of warmer temperatures lowers the surface by about
3cma ) but the effect of increased precipitation dominates
to bring the overall increase to 4.2cma ' as obtained from
the multivariate fit to the altimeter data. Supporting infor-
mation for the variation in accumulation rates is provided
by the analysis of shallow ice cores, which shows an anoma-
lously low accumulation in 1995 followed by marked increase
in 1996 (McConnell and others, 2000).

SUMMARY AND CONCLUSIONS

A principal feature of our densification model is the stronger
temperature dependence of the constitutive relation govern-
ing firn densification. This stronger temperature dependence
is based on laboratory measurements of rates of grain growth
and ice creep. Firn densification, grain growth and ice creep
are processes that have been previously treated similarly to
rates described by the Arrhenius equation, but with activa-
tion energies (F) and rate constants (K) that were indepen-
dent of temperature. We apply the temperature dependence
of E and K|, found in the laboratory measurements of grain
growth to the densification process as well. Although
previous treatments took E and K to be independent, they
usually used different values of E and K for different pro-
cesses or stages of processes, such as the densification in the
upper and lower levels of firn. Our treatment uses a multi-
plicative factor 3 with K to account for differences between
the processes of densification and grain growth. The value of
B1is empirically selected to match the modeled density profile
to measurements over the depth range 0—40 m. A key feature
of this result is the matching of the density profile with one
set of parameters. Secondly, after matching the density
profile, the same set of parameters produces the seasonal
cycle in compaction and elevation change.

A principal result of the model is that most of the firn
compaction in the upper firn occurs in late spring and early
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summer, when temperatures are warmest. This seasonal
variability in compaction rate is sufficient to cause a cycle in
the density profile that is gradually dampened in amplitude
as the firn continues to compress with depth. This provides an
explanation of observed density variations in firn, which have
previously been attributed mostly to depositional processes
rather than to post-depositional variations in compaction.
The model shows that snow deposited from winter to summer
1s compacted to the higher densities, and snow deposited from
summer to winter is compacted to the lower densities. This
result 1s in contrast to depositional density associations that
tend to be characterized in the literature as due to either sum-
mer or winter processes.

The agreement between the modeled surface elevation,
which is driven by observed temperatures and accumulation
variations, and the elevation time series derived from radar
altimetry provides an explanation for the seasonal and inter-
annual elevation variations observed in the altimetry data.
The modeled seasonal variations are largely due to variations
in compaction, but are also influenced by seasonal variations
in precipitation, particularly from precipitation events associ-
ated with large storms in a few years. Although the agreement
between the modeled and observed amplitude and phase of
the seasonal cycle is good, there are small residual differences.
Therefore, other possible contributions such as variations in
radar backscatter and penetration depth may also have some
secondary effect on the altimeter results.

The interannual variations produced by the model are
driven in part by interannual variations in temperature
and compaction, but are mainly caused by the interannual
variations in precipitation. In particular, although the
marked decrease in elevation in summer 1995, followed by
a marked increase, is partially driven by warmer tempera-
tures in 1995, the predominant effect is the interannual vari-
ation in precipitation. The precipitation variation is
supported by independent evidence on accumulation from
ice cores. The observed elevation trend for 1992-99 is
4.2 cma ', which is slightly larger than the 3.6 +21lcma '
obtained by Hamilton and Whillans (2000) by the global
positioning system (GPS) coffee-can method at the GISP2
summit and different from the 3 +4cma ' obtained by
Hvidberg and others (1997) nearer the actual summit about
25 km to the cast.

At any time, the rate of densification depends on the tem-
perature and accumulation history, which was simplified in
our present model by assuming the firn was in steady state
and using a measured mean density profile on the initial day
(14 April 1992). However, longer-term temperature and preci-
pitation records can be used to calculate an initial state of
temperature and density profile with seasonal variations.
Future efforts should also include laboratory measurements
of the temperature dependence of firn-densification rates to
refine the coefficients used in the rate equation, direct meas-
urements of densification rates vs depth by automated instru-
mentation placed in the firn, and extension of the elevation
model to firn percolation zones and cold, low-accumulation
regions. Finally, other forcings such as drift and wind com-
paction to the snow may need to be considered. Strong wind
may enhance snow compaction producing higher-density firn
layers (Goodwin, 1991), while in other cases it also brings in
large amounts of low-density snowfall in very short periods
causing larger fluctuations of surface height. Some of the
departures between modeled and observed results shown in
Figure 7 may be due to such causes.
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The effect of interannual variations in densification
(caused by changes in temperature, density and accumu-
lation rate at the surface) on the use of altimeter observations
for studies of mass balance was addressed by Arthern and
Wingham (1998) and Wingham (2000). While a greater sen-
sitivity to temperature would seem to complicate the
interpretation of satellite altimeter data, it may only change
the response time to variations in accumulation. Since the
response time of the surface elevation to accumulation
anomalies 1s governed in effect by how fast the anomaly
moves down the density profile, on average the greater sensi-
tivity to temperature should not make much difference.
However, accumulation anomalies that occur during the
warmer seasons when near-surface densification is faster
should persist for a shorter time than anomalies occurring
during the colder seasons. Satellite observations of surface
temperature (Comiso, 2000), calibrated with data from
AWS stations on the ice sheets, can be used to model the ele-
vation changes expected from temperature variations, so
that elevation changes caused by precipitation variations
and ice flow can be evaluated in satellite altimeter data.
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