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ABSTRACT. Repeated measurements of density proﬁles and surface elevation along a 515 km section of
the Greenland ice sheet have been used to determine elevation change rates and the error in determining
mass balance from these rates which arises from short-term ﬂuctuations in mass input, compaction and
surface density. Over the 28 months from spring 2004 to summer 2006 the average error over 100 km
sections of the traverse ranged from –0.006 to 0.100 m a−1 . The lowest values, comparable with the
system accuracy of the CryoSat radar altimeter (0.033 m a−1 ), were found below 3000 m. The surface
density required to translate the elevation change into mass change decreased from 0.40 g cm−3 at an
elevation of 2348 m to 0.33 g cm−3 at an elevation of 3264 m. From the density proﬁles the equivalent
values for a time period of 10 years were found to be 0.48 and 0.38 g cm−3 , respectively.
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Position with respect to density peak N (m)
Time-invariant mass input (kg m−2 )
Mass input ﬂuctuation (kg m−2 )
Mass output (kg m−2 )
Mass input at the surface (kg m−2 )
Water equivalent depth (m w.e.)
Depth below the surface (m)
Time (years)
Velocity in the inertial frame (m a−1 )
Velocity relative to the surface (m a−1 )
Weighting factor for site j
Distance along the traverse (km)
Vertical coordinate in the inertial frame (m)
Harmonic mean time-invariant density over the
accumulation layer (kg m−3 or g cm−3 )
Fluctuation in mean density (kg m−3 or g cm−3 )
Harmonic mean time-invariant density for peak N
(kg m−3 or g cm−3 )
Arithmetic mean density of the accumulation layer
(kg m−3 or g cm−3 )
Density (kg m−3 or g cm−3 )
Density of material at the surface (kg m−3 or g cm−3 )
Density of ice (kg m−3 or g cm−3 )
Density of water (kg m−3 or g cm−3 )
Error in mass balance expressed as elevation (m)

1. INTRODUCTION
Fluctuations in the mass of the Earth’s ice sheets have
profound implications for the Earth’s radiation balance,
ocean circulation and sea level that, in the 21st century, may
have considerable political and economic consequences
(Solomon and others, 2007). The potential of radar altimeters
on Earth-orbiting satellites to reveal these ﬂuctuations has
already been demonstrated with the 10 year time series from
the European Space Agency (ESA) European Remote-sensing
Satellite (ERS). A new and improved radar altimeter, the
Synthetic Aperture Radar Interferometric Radar Altimeter
(SIRAL), is carried by the ESA CryoSat-2 satellite (Wingham
and others, 2006). This paper is concerned with density
measurements made in the dry snow zone of the Greenland
ice sheet as part of the calibration and validation (cal/val)
activities in support of CryoSat-2.
The general objective of the land-ice cal/val activities
has been to estimate the variance in the uncertainty in
the trend in spatially averaged land-ice mass that will be
measured by SIRAL. Here we are particularly concerned
with the elements of this uncertainty that arise because
of ﬂuctuations in accumulation and near-surface density.
We do not consider other components arising from errors
in estimation of postglacial rebound or instrument system
errors. Although the density data reported in this paper
are of considerable interest in considering retrieval errors
associated with variations in the penetration of radar waves
into the near-surface snow, this component of the uncertainty
will be considered in detail elsewhere.
We consider a column of densifying ﬁrn whose surface lies
at a height z = hS in an inertial frame {x, z, t } and whose
base, ﬁxed in the inertial frame, lies at sufﬁcient depth that
the ﬁrn has reached the density of ice, ρi . The mass ﬂuxes
per unit area at the surface and base of the column are ṁS
and ṁF , which we suppose are the only sources of mass gain
or loss. If ḣS is the rate of change of height, and we associate
with it a mass change, ρi ḣS , that we suppose equal to the
change in mass of the column, we will generally commit
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an error which, written as an equivalent rate of change of
height, is
1
(1)
(ṁS − ṁF ) .
ρi
In this paper our ﬁrst purpose is to use ﬁeld measurements
from the Greenland ice sheet to determine how this average
error varies with the observation interval. In applying
Equation (1) to the situation in Greenland, we must
acknowledge that the ice (1) undergoes horizontal motion
and (2) is subject to a nonzero strain rate. With regard to
(1), Equation (1) is unchanged if we subject the material
column to a constant horizontal velocity, save that ṁS and
ṁF are no longer those at a ﬁxed location. In fact, because
the time periods that concern us are short, we shall suppose
that, at a given location, ṁF is constant in both time and
space. With regard to (2), we shall suppose that the strain
rate is sufﬁciently small that the mass loss through the walls
of the column may be ignored in comparison with that from
its base. This is reasonable if the depth at which the ﬁrn
reaches the density of ice is small in comparison with the
ice thickness.
In the following, we use as the vertical coordinate the
depth, s (positive downwards), of the ﬁrn beneath the surface.
Its relation to the inertial elevation is
ε̇ = ḣS −

s = hS (t ) − z.

(2)

In the frame {s, t } the velocity of the ﬁrn relative to the
surface, v, is related to the velocity, u, observed in the inertial
frame via
v = ḣS − u.

ṁF
+ ḣS − vS ,
ρi

(5)

and substituting Equations (4) and (5) into Equation (1) yields


ε̇ = ċS − ṁS

1
1
−
ρi
ρS

Δε = ΔhS −


.

(6)

The compaction velocity is the difference between the
velocity at a point at ﬁxed depth in the column that has
reached the density of ice, and the velocity at the surface.
Equation (6) shows that the error is entirely associated with
processes that occur at or near the surface; it does not depend
on the ice ﬂux at the base, ṁF .
Since we do not have continuous measurements of
ċS , ṁS or ρS over the observation time interval, t ∈ {0, Δt },
it is necessary to integrate Equation (6). We move from
the Eulerian approach of Equations (1–6) to a Lagrangian
approach, in which the compaction velocity is deﬁned as
the difference between the ice velocity at the base of the
column and the velocity of a material particle which lies at
the surface at the start of the observation period and is then
overlain by the accumulating snow. This allows us to use
the measurements we have, namely Δl, the depth of snow
accumulated over time Δt (i.e. the depth of the accumulation


1 
ΔmS − ΔmF ,
ρi

(7)

where ΔmF is the mass lost per unit area at the base of
the column over the observation time interval. Deﬁning
the mean density of the accumulation layer as ρS =
ΔmS /Δl, we show in Appendix A that Equation (6) integrates
to give



Δε = Δc − ΔmS

1
1
−
ρi
ρS



,

(8)

with an approximation error that is small compared to the
measurement errors for our observation periods. If



Δc = ΔmS

1
1
−
ρi
ρS



(9)

no error, Δε, occurs. Unless the compacted ﬁrn has
been subjected to abrupt changes, experience shows that
the compaction does not greatly differ from that given
by Equation (9), so the terms on the right-hand side of
Equation (8) largely cancel. It is then natural to regard
Δε as the error resulting from ﬂuctuations from a timeinvariant state described by m0 , ρ0 (s) and c0 and satisfying
Equation (9). For time interval Δt we write
ΔmS = Δm0 + Δm1
ρS = ρ0 + ρ1

(3)

At the surface the mass ﬂux satisﬁes the kinematic boundary
condition:
ṁ
0 = S − vS ,
(4)
ρS
where vS is the velocity of the material at the surface and ρS
its density. Introducing a compaction velocity,
ċS =

layer); ΔmS , the mass per unit area of the accumulation
layer; ΔhS , the change in surface elevation; and (indirectly)
Δc, the compaction in the underlying snow. The error, Δε,
is deﬁned by the integral of Equation (1) over time, namely

Δc = Δc0 + Δc1 ,
with


Δc0 = Δm0

1
1
−
ρi
ρ0

(10)


.

(11)

We show in Appendix A that ρ0 is the harmonic mean of ρ0 (s)
over the accumulation layer. Substitution from Equation (10)
in Equation (8) gives



 1
1
−
ρi
ρ0 + ρ1




1
1
1
1
= Δm0
−
− Δm1
−
+ Δc1 ,
ρ0 + ρ1
ρ0
ρi
ρ0 + ρ1
(12)


Δε = Δc0 + Δc1 − Δm0 + Δm1

in which the ﬁrst two terms on the right-hand side describe
the result of surface ﬂuctuations of either mass and density
and the third the result of compaction ﬂuctuations. This
separation is useful, for, if it turns out that Δc1 is small,
then the error may be largely reduced by knowledge (from
observations or models) of ρS and ΔmS alone. Conversely, if
Δc1 is large, knowledge of the density structure of the ﬁrn is
also needed.
To the extent that the ﬂuctuations do vary about a constant
state, we expect the average error to reduce with time; if it
does not, then the terms in Equation (12) will identify secular
changes in the surface ﬂuctuations or the densiﬁcation. Our
second purpose in this paper is therefore to investigate the
relative magnitude of the terms in this equation. In doing
so, though, we note that, to an extent, the magnitude of the
terms in Equation (12) is dependent on the deﬁnition we use
of the time-invariant state: the total error in Equation (1) or
Equation (7) is not.
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Fig. 1. The CryoSat traverse. Sites T05 to T41 lie along the EGIG
line.

Our data show (section 5.2) that the ratio ρ1 /ρ0 is of
order 0.1 for subannual timescales, decreasing to order 0.01
on a 2 year timescale. Hence, for our observation periods,
the mass and density ﬂuctuations may be separated by
expanding
1
1
=
ρ0 + ρ1
ρ0
so that


Δε ≈ Δm1



ρ1
1−
···
ρ0

1
1
−
ρ0
ρi



ρ Δm0
+ Δc1 − 1 2 .
ρ0

(13)

(14)

Our ﬁnal purpose in this paper is to investigate the effect of
spatial averaging on the magnitude of the error in calculating
the mass-balance trend from elevation measurements, with
particular reference to the CryoSat radar altimeter data. For
discrete sites, xj weighted by wj , the spatial mean of Δε/Δt
is given by

⎛

⎞ 12



 1
Δε ⎝ 
=
wj wk Cε̇ xj xk ⎠ = C ε̇ 2 ,
Δt


n

n

(15)

j=1 k =1



where Cε̇ xj xk is the covariance of Δε/Δt . Thus the effect
of short-term ﬂuctuations on the accuracy of the trend
measured by satellite altimeter depends on their spatial
correlation. We report measurements which have allowed
us to determine Cε̇ and, for the ﬁrst time, quantify the
contributions to this covariance from accumulation, surface
density and compaction.

2. THE CRYOSAT TRAVERSE
Measurements have been made along a 365 km section of
the Expéditions Glaciologiques Internationales au Groenland
(EGIG) line from site T05 to site T41, and then along a 184 km
track north to Summit Station (Fig. 1). Repeated traverses,
coordinated with airborne observations made using an
airborne version of SIRAL, the Airborne Synthetic Aperture
Radar Interferometric Radar Altimeter System (ASIRAS), were
made in spring and autumn 2004 and spring and summer
2006. Table 1 shows the positions of the sites. Temperatures
at 15 m depth, T15 , were measured in 1990 by Fischer
and others (1995), who give a lapse rate for temperature
with altitude over the western EGIG line (T05 to T41) of

−0.0094 K m−1 (including the effect of changing latitude).
For the region between T41 and Summit they give lapse
rates of −0.0072 K m−1 and −0.71 K (degree latitude)−1 .
Using these lapse rates we have calculated approximate
values of T15 (shown in parentheses in Table 1) for
intermediate sites. Box (2002) gives a mean annual air
temperature of Tm = −29.7◦ C at Summit for the period
1991–2000, higher than the value of T15 = −31.6◦ C
measured in 1990. Similarly Steffen and Box (2001) ﬁnd
the mean annual air temperature measured in 1997 at
Summit, Tm = −29.5◦ C, is higher than the 10 m temperature
T10 = −31.1◦ C for the same year. At Crawford Point, not far
from T05, Tm = −16.8◦ C and T10 = −18.4◦ C for 1996.
The traverse runs from a site (T05) which is clearly in the
percolation zone, with summer meltwater refreezing within
the snowpack in thick ice layers, through a transition zone
to T21, which can be regarded as the start of the dry snow
zone. From here to Summit Station, air temperatures above
0◦ C are rare and any meltwater refreezes in the surface layer.
Mean annual accumulation was determined by Benson
(1962) in 1955 and De Quervain and others (1969) in
1959 using stratigraphic methods and by Aegerter and others
(1969) and Merlivat and others (1973) using tritium analysis
of shallow cores collected during the EGIG II crossing in
1968. In 1973 Reeh and others (1978) collected a deep core
at ‘Milcent’ (T15) covering 796 years. Values determined by
analysis of shallow cores collected in 1990 using H2 O2
(Anklin and others, 1994) and δ18 O (Fischer and others,
1995) gave no evidence of a signiﬁcant temporal change
in accumulation rates over the 40 years from 1955. Bolzan
and Strobel (1994) produced a map of accumulation in the
Summit region based on shallow cores collected in 1987,
and we have used this to provide interpolated values for our
sites T41A to Summit Station. Table 1 shows the historic data
for the CryoSat traverse sites, with standard deviations where
known. The traverse runs through a region of relatively high
accumulation from T05 to T19; from there on accumulation
decreases with elevation.
In spring 2004 the traverse began at T12 and ended
at Summit Station, with an extended period spent at
T21 making measurements over a 1 km2 grid to coincide
with an ASIRAS overﬂight on 6 May. At Summit Station
measurements were made using existing boreholes (‘Katie’,
‘Karl’ and ‘Geoff’) and augered holes (4 m from ‘Geoff’ and
1 m from ‘Katie’) all of which lie on a 50 m radius circle
200 m north of the station. In autumn 2004 the traverse began
at Summit Station. Since the fragile summer surface hoar
layer could not be preserved while a site was reoccupied,
sites T41A, T39, T23 and T21A were left untouched for resurvey in spring 2006 (when the summer layer would be
protected by a harder winter layer). The traverse ended at
T21 where repeat measurements over the 1 km2 grid again
coincided with an ASIRAS overﬂight on 14 September. In
spring 2006 the traverse began in the transition zone at
T12, where measurements were made over a 1 km2 grid
to coincide with an ASIRAS overﬂight on 25 April, and
ended at Summit Station. Delays at the start meant there
was insufﬁcient time to proﬁle all sites on the traverse, so
T21, T21A, T23 and T27 were omitted. Finally in summer
2006 the traverse began at Summit Station and ended at
T05, with proﬁles collected at all sites. Proﬁles over a 1 km2
grid at T05 were collected by other members of the ESA
CryoSat cal/val team in spring and autumn 2004 (Parry and
others, 2007).
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Table 1. Temperature at a depth of 15 m, T15 , and the mean and standard deviation of the annual accumulation series at the CryoSat
traverse sites with x the distance along the traverse. Elevations are given in metres above the WGS84 ellipsoid. Values in parentheses are
approximate values calculated using the lapse rates
Site

x

Latitude
◦

km
T05

0

T09

41

T12
T15
(Milcent)

81
114

T19
T21

156
178

T21A
T23
T27

188
197
238

N

69.851
70.020

Longitude

Elevation

T15

a
1954

a
1959

a
1968–73

a
1987–89

a
2004–06

m a.e.

◦C

m w.e. a−1

m w.e. a−1

m w.e. a−1

m w.e. a−1

m w.e. a−1

−47.25

1940

−18.0a

0.600b

0.467 ± 0.088a

0.56 ± 0.15c

−46.31

2144

0.419 ± 0.087a

0.53 ± 0.17c

◦

W

−45.34
−44.57

2348
2491

70.470
70.544

−43.56
−43.02

70.587
70.625
70.775

−42.79
−42.58
−41.54

70.176
70.303

0.46 ± 0.10d

−20.0a
(−21.6)
−22.2e

0.540b
0.510b

2659
2737

(−24.4)
−24.8a

0.470b

2764
2794
2913

(−25.4)
(−25.6)
−26.6a

0.462f
0.492e
0.49 ± 0.11h

0.405 ±

0.089d

0.500 ±

0.080g

0.439 ± 0.088d

0.51 ± 0.12c
0.531 ± 0.077c

0.437 ± 0.072a

0.53 ± 0.16c
0.49 ± 0.17c

0.402 ± 0.049a

0.47 ± 0.14c
0.50 ± 0.11c
0.407 ± 0.090c

0.349 ± 0.050a

0.401 ± 0.087c

0.249 ± 0.022a

0.337 ± 0.079c
0.293 ± 0.093c
0.297 ± 0.068c

0.450b
0.385 ±
0.330 ± 0.030g
0.344 ± 0.062d
0.065d

T31
(Station
Centrale)
T35
T39
T41
T41A
T41B
T41C
T41D
Summit
Station
a Anklin

275

70.909

−40.64

3008

−27.5a
−27.0e

0.355b

315
355
375

70.976
71.043
71.079

−39.55
−38.46
−37.92

3096
3168
3201

(−28.3)
(−29.0)
−29.5a

0.335b

−37.85
−37.71
−37.57
−37.42
−38.46

3215
3232
3245
3264
3256

395
435
475
515
569

71.257
71.612
71.968
72.323
72.579

(−29.7)
(−30.1)
(−30.4)
(−30.8)
−31.6d
−31.1k

0.371f
0.329e

0.250 ± 0.035d

(0.29)i
(0.27)i
(0.25)i
(0.23)i
(0.25)i

0.286 ± 0.059c
0.249 ± 0.062c
0.241 ± 0.048c
0.220 ± 0.058c
0.224 ± 0.044j
0.222 ± 0.065c

and others (1994). b Benson (1962). c This paper. d Fischer and others (1995). e Merlivat and others (1973). f De Quervain and others (1969).
and others (1969). h Reeh and others (1978). i Bolzan and Strobel (1994). j Banta and McConnell (2007). k Steffen and Box (2001).

g Aegerter

3. METHODS
Density proﬁles were measured using a neutron probe which
forms part of the ice geophysical logging system (IGLS)
developed by Morris and Cooper (2003). It contains an
annular source of fast neutrons around a cylindrical detector
of slow neutrons. The fast neutrons lose energy by scattering
in the snow, and the count rate of slow neutrons arriving
back at the detector is related to snow density. Theoretical
calibration equations have been derived by Morris (2008).
A Kovacs auger, driven by a Porter and Cable 110 V electric
drill, was used to make 5 cm access holes, using a 1.25 m
aluminium guide tube to ensure the hole was not enlarged
in the upper softer layers of the snow. At some sites it proved
more difﬁcult to remove chippings and produce a deep hole,
but at most sites depths around 13 m were achieved. The data
were recorded on a Panasonic CF-29 Toughbook computer,
kept inside a work tent with the IGLS logger. It functioned at
very low temperatures (around −30◦ C) without problems.
In autumn 2004 the shaft encoder system on the winch
failed at site T35 because an associated plastic drive belt
snapped. (This was replaced by a metal drive chain for the
2006 ﬁeld seasons.) For sites T35, T31 and T27 the neutron
probe was used in time-based mode with the winch operated
manually. Data were obtained at 2 cm intervals over 64 s

counting periods. This method was accurate but very slow,
so at site T21, where a large number of repeat proﬁles were
needed, an alternative automatic method was devised. The
cable was run out to a known depth, the winch was set to
run at the slowest speed and data collected at 1 s intervals
in time-based mode. The times were converted to depth
assuming constant winch speed. The densities were averaged
over 1 cm, traversed in ∼10 s at the winch speeds used.
The access holes drilled in spring 2004 were protected
by a large snow block so it was possible to reuse the
holes in the autumn by digging down to the spring surface.
At sites with higher accumulation (T21–T31), new shallow
holes were drilled 1 m away, so the summer layer could
be proﬁled. Below the spring surface the density proﬁles in
the new holes matched those in the reused holes. Hence
there is no indication that the presence of the hole affected
compaction rates below this level, i.e. below ∼1 m depth.
In 2006 an improved system was adopted. Holes drilled in
the spring were capped with 1 m lengths of 5 cm diameter
white plastic tubing, closed with tape at the upper end.
The tubes were then removed, without disturbing the new
snow, and the holes reproﬁled in the summer. Figure 2
shows density proﬁles for spring 2004 and summer 2006
at site T41 as an example of the data obtained using the
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Table 2. Mean estimates of individual mass-balance trends, a1j , at
the CryoSat traverse sites
Site

a1j

Site

m w.e. a−1
T12
T15
T19
T21
T21A
T23
T27
T31

Fig. 2. Density proﬁles collected in spring 2004 (black) and summer
2006 (grey) at T41. (a) Density vs snow depth, with l = 0 at
the spring 2004 surface and the proﬁles matched at peak 13 (not
shown). (b) Density vs accumulated mass, with q = 0 at the start of
the measured proﬁle in spring 2004.

neutron probe. The proﬁles show the variation between
denser winter snow and less dense snow formed during the
summer from a mixture of surface hoar and precipitation.
The noise in the data has been reduced by simple averaging,
which is equivalent to extending the counting period and
preferable to more complex signal-processing ﬁlters at this
stage. Missing data near the surface have been interpolated
with a constant density. The annual density peaks have been
numbered, with peak 0 just below the spring 2004 surface.
Our observations indicate that the density peaks lie in winter
snow but are formed during the following summer, when
warmer temperatures promote densiﬁcation in the nearsurface layer (e.g. Zwally and Li, 2002). The pattern of peaks
is consistent over the traverse, although at lower altitude
melt-layer peaks are also found.
In Figure 2a the vertical axis, l, has been chosen so that
the lowest density peak (N = 13, not shown) lies at the same
level in each proﬁle. For convenience we have set l = 0 at
the spring 2004 surface so that for these data l = −s. In
this l-representation the compression of the snow as a result
of densiﬁcation over time is clearly apparent. Each layer
remains recognizable as it moves downwards and increases
in density. In Figure 2b the vertical axis, q, is the water
equivalent accumulation measured from the spring 2004
surface. In this q-representation it is apparent that the mass
of snow between given peaks does not change with time.
Dual-frequency GPS measurements of the position of a
point on the snow surface were made at each site. The point
was marked with a 4 m aluminium pole, and the relative
height of the surface (with respect to the bottom of the
pole) was also recorded. The pole was installed 1 m from
the access hole to avoid disturbing the snow to be proﬁled.

−0.02 ± 0.23
0.25 ± 0.23
−0.06 ± 0.22
−0.13 ± 0.26
0.01 ± 0.17
−0.06 ± 0.16
−0.04 ± 0.13
−0.03 ± 0.22

a1j
m w.e. a−1

T35
T39
T41
T41A
T41B
T41C
T41D
All sites

0.06 ± 0.23
0.06 ± 0.13
0.18 ± 0.25
0.15 ± 0.23
0.00 ± 0.25
0.06 ± 0.21
−0.05 ± 0.25
0.027 ± 0.024

The nature of the ice-sheet surface was recorded with
digital photographs. About 10 km uphill from T31 the
character of the surface and wind regime changed markedly.
Below this altitude the katabatic wind was persistent, the
upper snow layer was wind-packed and the surface marked
by sastrugi. Above this altitude there was little wind and the
surface was very smooth, with undisturbed surface hoar in
the summer. Comparison with the summer night-time wind
ﬁeld calculated by Niederbäumer (1999), using a model of
katabatic ﬂow, suggests that the transition point occurs where
the wind speed (calculated at ∼12 m above the snow surface)
is ∼8 m s−1 .

4. ANALYSIS
4.1. Determination of ρ 0 (s)
Our observations do not provide all the quantities that are
needed to determine the error and its separate parts. In
particular, we are limited because the measurements are
taken only at particular intervals and because our density
proﬁles do not generally extend deep enough that the density
is that of ice. We need, therefore, to appeal to a model of the
density to complete the problem. We choose to ﬁt a model of
the form suggested by Herron and Langway (1980) to derive
the time-invariant density proﬁle, ρ0 (s), from our measured
proﬁles (Appendix A) and use this as an estimate for ρ(s)
where necessary.

4.2. Determination of ΔmS and ρ S
For the periods from 2004 to 2006 it is possible to determine
ΔmS and ρS directly from the density proﬁles for a known Δt .
Values of ρS when Δt is an integral number of years can also
be obtained, by averaging from the surface to the appropriate
peak in the density proﬁle (Fig. 2). For the two short periods,
spring–autumn 2004 and spring–summer 2006, the surface
layer was too thin for accurate density measurements to
be made. However, we can identify the thickness of the
accumulation layer, i.e. Δl = ΔmS /ρS .

4.3. Determination of Δm0
The gradient of a plot of q against N gives the mean annual
accumulation rate, a. We use this to estimate the long-term
component of mass input over time, Δt , i.e. Δm0 = aΔt ρw .
The mass between peaks gives the annual accumulation
series.
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4.4. Determination of ΔhS
The Eulerian elevation change, ΔhS , for each site has
been determined by repeated GPS measurements of the
ellipsoidal height of the snow surface at each stake (to
give the Lagrangian elevation change) followed by addition
of the (negative) convective elevation change, Δx ∂hS /∂x,
(see Table 5 in Appendix B). The distance travelled by the
stake downstream over time Δt is known from the GPS
measurements. The local slope, ∂hS /∂x, has been estimated
from the local slope of the surface return given by ASIRAS
data collected in 2004. Above T41 the convective elevation
changes are negligible compared to the instrumental error
in ΔhS . Below T23 the correction for convective elevation
change is signiﬁcant, especially over the longer time periods.
The surface height change, ΔhS , may also be determined
from comparison of density proﬁles at each site. ΔhS is
related to Δl by
Δt

ΔhS = Δl +

uN dt ,

(16)

0

where uN is the velocity at peak N. Using Equation (3) and
adapting Equation (5) for peak N leads to
Δt

ċN dt −

ΔhS = Δl +
0

ΔmF
,
ρi

(17)

5. RESULTS
5.1. Mean annual accumulation

where ċN is the compaction below peak N. We write



Δt

ċN dt = Δm0
0

1
1
−
ρi
ρN


+ Δc1N

(18)

(by analogy with Equation (A12)), where ρN is the harmonic
mean density of the material at peak N over time Δt and
Δc1N is the ﬂuctuation in compaction below N. Then



ΔhS = Δl − Δm0

1
1
−
ρN
ρi



−

ΔmF
+ Δc1N ,
ρi

Fig. 3. The Greenland common accumulation record (Andersen and
others, 2006) (black) extended using a 13 year running mean of
annual accumulation (grey) from the ‘Katie’ core collected near
Summit Station (Banta and McConnell, 2007).

(19)

where ρN is estimated as the harmonic mean of the values
of ρ0 at the depth of peak N at t = 0 and t = Δt . ΔmF is
unknown, but if the system is in equilibrium with the centuryscale mean annual accumulation, it will be slightly higher
than Δm0 (see Fig. 3). For our density proﬁles the lowest
peak is deep enough for ﬂuctuations in ċN to be negligible,
so we set ΔmF − Δc1N ρi ≈ ΔmF = (a + a1 )Δt ρw , where
a1 is a constant which we optimize to obtain the best match
with the GPS data. The uncertainty in ΔhS is estimated from
the standard error in a (5–10%), the instrumental error in
Δl (±0.02 m) and an estimated 5% error in ρN . Table 2
shows that the individual values of a1 for each site are not
signiﬁcantly different from each other. There is no evidence
of a trend in a1 with distance along the traverse. We therefore
choose to use the mean for all sites, a1 = 0.027 m w.e. a−1 ,
to adjust the density data.
A third method of determining elevation change uses the
measurements of snow surface height with respect to the
bottom of the aluminium marker poles. To obtain ΔhS it is
necessary to estimate the downward movement of the pole.
As with a1 , the data do not justify using individual values
for each pole, so we use the best mean value for all sites, a
relatively small value of 0.025 m a−1 Δt . The mass-balance
trend is again set to a1 = 0.027 m w.e. a−1 . The elevation
changes calculated using these values are given in Tables 6
and 7 in Appendix B.

The last column of Table 1 shows the mean and standard
deviation of the annual accumulation series derived from
the density proﬁles collected in 2004 and 2006 at each site
along the CryoSat traverse. Hawley and others (2008) have
shown that the neutron-probe method and the traditional
methods based on chemical and isotopic analysis produce
statistically indistinguishable accumulation series for the
‘Katie’ core collected near Summit Station. The variability
of the neutron-probe series is slightly higher, probably due
to the variability of the timing (in the year) of the annual
density peak. This effect is also apparent at other sites, where
the 2004–06 CryoSat data generally have larger values of
standard deviation than the 1987–89 chemistry-based data.
These higher standard deviations are appropriate for the
early stratigraphic data from 1954 and 1959, which also use
density ﬂuctuations to identify annual layers.
The mean accumulations shown in Table 1 apply to
relatively short time-spans and need to be set in the context
of longer records. Figure 3 shows the most recent part
of the 1800 year common accumulation record derived
for Greenland by Andersen and others (2006) from ﬁve
Greenland ice cores (‘Dye-3’, ‘Milcent’ (T15), ‘Crête’, ‘GRIP’
and ‘NGRIP’). It shows an 11.9 year periodicity and agrees
broadly with a smoothed normalized accumulation record
from the ‘Katie’ core which we have used to extend the
common record to the year 2000. It appears that the
period from 1984 was one of lower accumulation. This is
supported to some extent by the ‘Central Western’ record
of Banta and McConnell (2007) which shows a minimum
around 1995.

5.2. Mean surface density
Figure 4a shows the (arithmetic) mean density of surface
layers accumulated over ∼2 year periods. The best straight
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or near the surface. The lower envelope of the data is given
by the curve
ρ = 3 × 10−7 g cm−3 km−2 x 2
− 2.6 × 10−4 g cm−3 km−1 x + 0.35 g cm−3 . (22)
This gives an upper estimate of the minimum value of ρS
which we can use with Equation (21) to estimate the surface
density ﬂuctuation, ρ1 , over a summer period. These data
indicate that the proportion of low-density snow input over
the summer increases with x. Our observations of the snow
surface (section 3) suggest an explanation for this trend.
Although thin layers of hoar crystals were observed in the
upper 1 m of snow at all sites, thick very low-density surface
hoar was only observed above T31. Below this site, winds
were stronger and more snow was input in dense, windpacked layers.

5.3. Local variability

Fig. 4. (a) The mean density, ρS , of snow accumulated over the
periods spring 2004–spring 2006 (•), spring 2004–summer 2006 (◦)
and autumn 2004–summer 2006 (♦). The dashed line is the best ﬁt
to the spring 2004–spring 2006 data. (b) The time-invariant density
at the snow surface, ρ0 (0), derived from proﬁles measured in spring
2004 (◦), autumn 2004 (♦), spring 2006 () and summer 2006 (•).
The dashed line is the best ﬁt to the summer 2006 data. (c) The
minimum density observed in proﬁles measured in spring 2004 (◦),
spring 2006 () and summer 2006 (•). The solid curve is an upper
estimate of the minimum value of ρS .

line through the spring 2004–spring 2006 data is
ρS = −1.46 × 10−4 g cm−3 km−1 x + 0.41 g cm−3
Δt ≈2 years.
(20)
The density decreases with distance, x, along the traverse.
This is as expected, since Δt is long enough for postdepositional densiﬁcation to have occurred in the accumulation layer. Densiﬁcation rates depend on mean annual
temperature and accumulation, which both decrease with
distance along the traverse (Table 1). This decrease is also
apparent in the time-invariant density at the surface, ρ0 (0),
shown in Figure 4b. The best straight line through these
values is
ρ0 = −1.36 × 10−4 g cm−3 km−1 x + 0.38 g cm−3 .
(21)
As would be expected, at a given site Equation (21) gives
lower densities than Equation (20).
Figure 4c shows the minimum density recorded by the
neutron probe at each site, as a function of distance along the
traverse. These minimum densities occur in summer layers at

Figure 5a shows density proﬁles measured over the 1 km2
nested grid at T21 in spring 2004 over a period of 9 days.
The proﬁles were remeasured in autumn 2004 over a
10 day period with high winds and drifting snow. The
lowest peak of each autumn proﬁle has been matched
to the corresponding peak in the spring proﬁle for the
same gridpoint. The correction for compaction below peak
N has been calculated separately for each gridpoint, and
the resulting elevation changes are shown in Table 6 in
Appendix B. For these proﬁles the mean elevation change
from spring 2004 is −0.151 ± 0.042 m and the variance
from this mean is 0.016 m2 . Pole data taken at the same
time (over 8 days in spring and 1 day in autumn 2004)
over seven points of the same grid give a mean elevation
change of −0.087 ± 0.046 m, with variance of 0.015 m2
(Table 7). The mean elevation change rate for the density
proﬁle data is −0.423 ± 0.116 m a−1 with sample variance
0.122 m2 a−2 . The mean elevation change rate for the
pole data is −0.258 ± 0.136 m a−1 with sample variance
0.129 m2 a−2 . The differences between the mean elevation
change and change rate for the two methods are not
statistically signiﬁcant (two-tailed t test, α = 0.05).
Figure 5b shows density proﬁles measured at points on
the 1 km2 nested grid at T12 over a period of 7 days
in spring 2006. Winds were moderate with some drifting
snow. The lowest peak in each proﬁle has been matched
to the corresponding peak in the spring 2004 proﬁle at
T12 (7,−1). The same correction for compaction below this
peak has been applied to all points on the grid, and the
resulting elevation changes are shown in Table 6. For these
proﬁles, the mean elevation change from spring 2004 is
−0.156 ± 0.053 m and the variance from this mean is
0.025 m2 . This variance is greater than at T21 partly
because the presence of melt layers increases the variation
in density and partly because only one proﬁle from 2004 is
available for matching. The mean elevation change rate
for the period is −0.077 ± 0.026 m a−1 and the variance
6.03 × 10−3 m2 a−2 .

5.4. Elevation change rate
Because the time, Δt , between repeated measurements
varies along the traverse, we plot the spatial variability of the
rate of change, ΔhS /Δt , rather than that of ΔhS . In Figure 6
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Fig. 5. Density proﬁles from (a) site T21 (spring 2004) and (b) site T12 (spring 2006) collected at points separated by approximately 1, 10,
100 and 1000 m on a 1 km2 nested grid, shown schematically in (a). The grey curves are ﬁtted to the density proﬁle at the central point of
the T21 grid, above and below 0.55 g cm−3 . At T12 high-density melt layers appear in some proﬁles in some years.

the grey points show data from density proﬁles and pole
measurements made within 1 m of the GPS measurements,
which are shown in black. The error bars are larger for the
data from the density proﬁles and pole data because both sets
of data are derived using the mean annual accumulation and
the density at peak N (section 4.4). At each site the scatter is

within the range expected from the variance measured over
the 1 km2 grids (section 5.3).
Figure 6a shows that sites towards the end of the traverse
(T41A–T41D) gained in elevation over June and the ﬁrst
half of July 2006, whereas sites below T41 (except T15) lost
elevation. Figure 6b shows that sites T41 and below (except

Fig. 6. The rate of change in surface elevation, ΔhS /Δt , for (a) spring–summer 2006, (b) spring–autumn 2004, (c) spring 2004–spring 2006
and (d) spring 2004–summer 2006 determined from GPS (•), density proﬁle (◦) and pole (♦) measurements. The mean of nine density proﬁle
measurements over a 1 km2 grid was −0.423 m a−1 , with standard deviation 0.35 m a−1 , at T21 over the period spring–autumn 2004, and
−0.077 m a−1 , with standard deviation 0.078 m a−1 , at T12 over the period spring 2004–spring 2006.
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Table 3. Gradients of plots of Δc1 /Δt against Δm1 /ρ0 Δt
Period
Spring 2004–summer 2006
Autumn 2004–summer 2006
Spring 2004–spring 2006
Spring 2004–autumn 2004

Region

Gradient

r2

T12–T41D
T12–T27
T21–T41D
T12–T41D
T21–T41D

−0.89 ± 0.21
−0.95 ± 0.23
−0.72 ± 0.27
−1.09 ± 0.13
−0.68 ± 0.08

0.58
0.77
0.56
0.89
0.93

was measured. This produced a contribution to the elevation
change rate of ∼0.13 m a−1 , i.e. about one-quarter of the
difference between the mean elevation change rates for T41C
and T41D. Similarly snowfall and drifting snow preceded
measurements at T12 in spring 2006 and may have increased
the surface elevation, thus producing a decrease in elevation
change rate over the summer. However, it would require an
increase of ∼16 cm to explain all the difference between T12
and T15. Despite the scatter, there does seem to be evidence
of increased elevation on the summit plateau and decreased
elevation at the lower altitudes over the summer periods.

5.5. Contributions to the error

Fig. 7. The contribution of (a) mass, (b) compaction and (c) density
ﬂuctuations to the error in mass-balance trend, Δε/Δt (shown in
(d)), over the periods spring 2004–summer 2006 (◦), autumn 2004–
summer 2006 (♦) and spring 2004–spring 2006 (•).

T27) lost elevation over the period mid-May to mid-August
2004 and two sites above T41 gained elevation, although
at rates lower than those seen in 2006. Figure 6c shows
a small increase in elevation over the 2 year period from
spring 2004 to spring 2006 at all sites except T15 and T19.
These increases are consistent with satellite laser altimeter
measurements of elevation change over the period 2003–
07 in the region (Pritchard and others, 2009). Figure 6d
shows a small increase in elevation for all sites above T21A
for the period from spring 2004 to summer 2006. Sites
T21A and T15 lost elevation. For the 241 km above T31 the
elevation increased by an average rate of 0.068 m a−1 ; for the
193 km below T31 the elevation decreased, with an average
elevation change rate of −0.017 m a−1 .
For time periods greater than 1 year the fact that the time
window changes by a few days between sites will not be
signiﬁcant; the effects of a storm captured at one site but
not at another will not be important if all sites experience
many storms. However, elevation change rates over a single
summer, with Δt ranging from 47 days between visits to
T41D in 2006 to 130 days between visits to T21 in 2004,
will be inﬂuenced by individual storms and more scatter is
to be expected. In summer 2006, for example, snowfall of
∼2 cm occurred at site T41C just before the surface elevation

The contributions of short-term ﬂuctuations to Δε/Δt over
the longer periods, from 2004 to 2006, are shown in
Figure 7a–c, with the total shown in Figure 7d. As in the case
of the total elevation change, the error bars are estimated
using the standard error in a, the instrumental error in Δl
(±0.2 m) and an estimated 5% error in density. There is no
trend in the contribution to the error from mass ﬂuctuations,
which suggests that Δm1 decreases with distance along
the traverse at approximately the same rate as ρ0 . This is
quite possible if Δm1 /Δt ∝ a which decreases along the
traverse (Table 1). Similarly, there is no clear trend in the
contribution from compaction ﬂuctuations. However, there
is a relation between Δc1 /Δt and Δm1 /Δt ρ0 , particularly
apparent below T31. Table 3 shows that over the longer
periods the contribution from compaction ﬂuctuations offsets
the contribution from Δm1 /Δt ρ0 . We would expect that an
increase in accumulation would produce an instantaneous
increase in pressure throughout the snow cover and hence
compaction, with a lag time dependent on temperature,
pressure and type of snow (e.g. Arthern and Wingham,
1998; Zwally and Li, 2002). The rapidity of the response
is, however, signiﬁcant; within 2 years much of the effect of
accumulation variability is counteracted by densiﬁcation in
the underlying snow. The contribution from surface density
ﬂuctuations is relatively small and there is no evidence that
it becomes more important with distance along the traverse.
This leaves the term Δm1 /Δt ρi as the dominant contribution
to Δε/Δt , and thus suggests that a reasonable estimate of the
error can be made from a knowledge of mass ﬂuctuations
alone. For 1996–2005 we have annual accumulation at
all sites from T5 to T41D and can calculate the annual
mass contribution to Δε/Δt . Figure 8 shows the mean
contribution over the period. Comparison with Figure 7a
shows the mean value along the traverse is not signiﬁcantly
different for the annual and ∼2 year periods (0.03 m a−1
rather than 0.01 m a−1 ), but averaging over 9 years reduces
the noise in the annual data.
We now consider the short summer periods, for which
we do not have direct measurements of surface density.
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Fig. 8. The mean of the contributions to Δε/Δt from annual
accumulation ﬂuctuations over the period 1996–2005.

Contributions to Δε/Δt from (1) mass and density and
(2) compaction are shown in Figure 9a and b, respectively.
We have used the GPS surface elevation rates to calculate
the compaction contribution in 2004 as the neutronprobe values are derived from proﬁles separated by 1 m
and are thus less reliable. For the 2004 summer period,
there is an increase in the contribution from mass and
density ﬂuctuations with distance along the traverse, and a
corresponding decrease in the contribution from compaction
ﬂuctuations.
Using the estimate for the minimum value of ρS shown in
Figure 4c to derive an estimate for ρ1 for the short summer
periods, we separate the contributions from mass and
density. The estimated contribution from mass ﬂuctuations
is shown in Figure 9c. It increases with distance along the
traverse, indicating the importance of summer low-density
snow input at the higher elevations and also suggesting that,
over the ﬁrst 300 km of the traverse, summer accumulation
rates are less than the mean annual rate. This is consistent
with our observations of a transition point at ∼10 km from
T31, i.e. ∼285 km along the traverse. For both summer
periods the contribution from density ﬂuctuations is ∼0.1 ±
0.05 m a−1 throughout the traverse.
For the 2004 summer period the contribution from
compaction ﬂuctuations offsets two-thirds of the contribution
Δm1 /ρ0 Δt over the whole traverse (Table 3). However,
over the short 2006 summer period the compaction and
mass ﬂuctuations are not correlated. This suggests the large
elevation change rates seen in Figure 6a arise because there
has not been time for densiﬁcation below the surface layer
to counteract changes in the surface mass input. However,
it is also possible that surface height measurements made
in summer 2006 at sites with very low-density surface snow
have larger errors than the ±0.02 m used to calculate the
error bars shown in Figure 9. The overall conclusion is that
for the shorter periods it is necessary to take surface density
into account when estimating the error, Δε/Δt .
At T12, with mean annual temperature Tm ≈ −21.66◦ C,
high-density melt layers have been observed in some proﬁles
(Fig. 5). Proﬁles from other sites do not show melt layers
and there is no evidence of melt at T12 in the period spring
2004–summer 2006. Snow-pit data show that very thin ice
layers can occur at all sites, but these are not resolved by
the neutron-probe density measurements. If melt occurs, and
the meltwater is refrozen below the surface layer, the effect
would be to produce a more negative value of Δm1 and,
because the ice layer would increase the resistance to the
overburden pressure, a more positive value of Δc1 .

Fig. 9. The contribution of (a) mass and density, (b) compaction
and (c) mass ﬂuctuations to the error in mass-balance trend, Δε/Δt
(shown in (d)), over the periods spring 2004–autumn 2004 (♦) and
spring 2006–summer 2006 (•).

5.6. Spatial covariances
Using 5 years of ERS measurements, Wingham and others
(1998) have determined the spatial covariance, Ch , of
measured elevation change rates in Antarctica. They report
a root-mean covariance of 0.049 m a−1 for points at zero
separation, falling to ∼0.004 m a−1 for separations greater
than ∼500 km. The element of this covariance which arises
from errors associated with the satellite technique can
be estimated; it falls from a zero value of 0.0413 to
∼0.004 m a−1 for separations greater than ∼400 km. The
remaining covariance includes unresolved height changes
due to changes in penetration of the altimeter signal
and the effect of ﬂuctuations in density and compaction.
Taking ﬂuctuations in accumulation as the dominant term,
Wingham and others (1998) deduce a correlation scale of
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Fig. 10. The spatial covariance, Ca , of the annual mass contribution
to Δε/Δt for 1996–2005. The units are m2 a−2 .

∼200 km for ﬂuctuations in accumulation from the 5 year
mean over the region of ERS coverage in Antarctica.
Figure 10 shows the covariance in the contribution made
by annual accumulation ﬂuctuations to the error, Δε/Δt , for
the 9 years from 1996 to 2005, as a function of distance along
the traverse. Since the data are not stationary, the covariances
depend on absolute position rather than separation; for
stationary data the contours would be straight lines with a
gradient of +1. Values range from a variance of 0.056 m2 a−2
at T12 (80 km from the start of the traverse) and covariances
of −0.016 m2 a−2 between sites at each end of the traverse.
This anticorrelation may arise because post-depositional
melting at the lower sites has transferred mass between
annual layers and distorted the annual accumulation series
or may reﬂect real climatic behaviour. Stacking data from
neighbouring sites smooths the covariance matrix, but
the overall picture remains the same: ﬂuctuations in the
contributions from mass decorrelate over distances of 100–
1
200 km. Table 4 shows the root-mean covariance (C a ) 2
over 100 km elements of the traverse calculated using a
simple interpolation scheme that allocates each section of
the traverse a covariance equal to the mean of the values
from sites at each end, weighted according to the length of
the section. They range from 0.044 ± 0.004 m a−1 for the
100 km from T41 to T41C to 0.101 ± 0.006 m a−1 for the
106 km from T12 to T21A. Over the 434 km from T12 to
1
T41D, (C a ) 2 = 0.045 ± 0.002 m a−1 . The CryoSat data span
a much shorter period of ∼28 months, but it is still possible

Fig. 11. The spatial covariance, Cε̇ , of the error, Δε/Δt , over
the period spring 2004–summer 2006. The contours are at
intervals of 0.005 m2 a−2 .

to investigate the spatial covariance of the error, Δε/Δt ,
and the individual contributions to it. Figure 11 shows the
covariances of the error as a function of distance along the
traverse for the only period for which we have data at all sites
from T12 to T41D, spring 2004–summer 2006. This example
is drawn from a population of time intervals for which

the
mean error is presumed zero, so we calculate Cε̇ xj xk =

 

  

2

Δε xj Δε xk / Δt (and similarly for the covariances
of the contributions). The highest values are found in the
upper part of the traverse. For the spring 2004–summer 2006
1
1
1
period the root-mean covariances (C ε̇ ) 2 , (C m ) 2 , (C c ) 2 and
1
(C ρ ) 2 over 100 km elements of the traverse are shown in
Table 4. The uncertainties in the root-mean covariances of
the contributions have been calculated from the individual
uncertainties, shown as error bars in Figures 7 and 9. The
mean elevation change rate decreases with elevation (as
shown in Fig. 6d) but the only area for which the mean
error, (Δε/Δt ), is less than (ΔhS /Δt ) is T12–T21A. Table 4
1
shows that (C m ) 2 does not vary signiﬁcantly over the traverse.
1
However, (C c ) 2 is signiﬁcantly smaller for T12–T21A and
1
(C ρ ) 2 is larger for T41–T41C. This is not unexpected, since
local variability in the density proﬁle, and hence in the
resistance to an applied compactive force, decreases with
elevation (Fig. 5). The square root of the sum of covariances
from the three contributions to ﬂuctuations in elevation
change is greater than the root-mean covariance of the
total. This is as expected, since we have already indicated

Table 4. The mean elevation change rate, mean error and root-mean covariances for spring 2004–summer 2006 and for the annual
accumulation series
Section

T41–T41C
T31–T41
T21–T31
T12–T21A
T12–T41D

Length

(ΔhS /Δt)

1

(Δε/Δt) = (C ε̇ ) 2

km

m a−1

m a−1

100
100
97
106
434

0.078
0.065
−0.003
−0.029
0.030

0.082
0.100
0.041
−0.006
0.053

1

1

1

1

1

(C m ) 2

(C c ) 2

(C ρ ) 2

(C m + C c + C ρ ) 2

(C a ) 2

m a−1

m a−1

m a−1

m a−1

m a−1

0.017 ± 0.014
0.008 ± 0.019
0.026 ± 0.018
0.025 ± 0.021
0.011 ± 0.005

0.106 ± 0.020
0.110 ± 0.027
0.092 ± 0.026
0.017 ± 0.031
0.068 ± 0.007

0.041 ± 0.006
0.018 ± 0.008
0.025 ± 0.008
0.013 ± 0.009
0.026 ± 0.002

0.115
0.112
0.098
0.033
0.074

0.044 ± 0.004
0.065 ± 0.006
0.078 ± 0.005
0.101 ± 0.006
0.045 ± 0.002
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that the ﬂuctuations in mass input and compaction are not
independent (section 5.5).

6. CONCLUSIONS
From snow density proﬁles made along the EGIG line and
north to Summit Station we have derived recent mean
annual accumulation rates, a, which are consistent with
those reported by other workers (Table 1). Our measurements
suggest that the mass outﬂow may be slightly greater than a,
although the imbalance, a1 = 0.027 ± 0.024 m w.e. a−1 , is
small; of the order of the standard error in a. In terms of
elevation, the mass-balance trend is −a1 ρw /ρi = −0.029 ±
0.026 m a−1 ; less than the mean error over the traverse for
a 28 month period, (Δε/Δt ) = 0.053 m a−1 . That is, during
our observation period the increase in surface height from
short-term ﬂuctuations outweighed any decrease from the
long-term mass-balance trend.
The elevation change rates over the 2 years from spring
2004 to spring 2006 (Fig. 6c) are consistent with satellite laser
altimeter measurements of elevation change over the period
2003–07 in the region (Pritchard and others, 2009). Over
the period spring 2004–summer 2006, for which we have
most data, the mean elevation change rate on the Summit
plateau above 3000 m (T31) was 0.068 m a−1 . For the lower
part of the traverse from 2350 to 3000 m (T12–T31), the mean
elevation change rate was −0.017 m a−1 . However, in both
cases the mean error, (Δε/Δt ) = 0.082 and 0.017 m a−1 ,
respectively, is greater than the mean elevation change rate,
so that the implied mass-balance change is not signiﬁcantly
different from zero. In the high summer of 2006, the elevation
change rate increased to ∼0.6 m a−1 at the highest sites on
the Summit plateau and decreased to ∼−0.6 m a−1 at the
lowest site (Fig. 6a). This is consistent with ERS-1/2 satellite
radar altimeter data which show a seasonal variation in
surface elevation at Summit (Zwally and Li, 2002), with
elevation change rates of ∼0.7 m a−1 in the July–September
period.
We ﬁnd that the density of the surface snow layer decreases
signiﬁcantly with increasing elevation. Over the traverse the
time-invariant surface density, ρ0 (0), decreases from 0.39
to 0.31 g cm−3 (Fig. 4b) and the mean density over the
accumulation layer, ρS , decreases from 0.40 to 0.33 g cm−3
for Δt = 22–28 months (Fig. 4a). Measurements of ρS for
Δt = 2–22 years show an increasing spatial divergence;
after 10 years the value at T12 is 0.48 g cm−3 and at T41D
0.38 g cm−3 . Hence using a ﬁxed value of 0.40 g cm−3
(e.g. Zwally and others, 2005) to convert decadal elevation
change to mass change introduces a 10–20% error over the
CryoSat traverse.
In order to reduce speckle error, satellite radar altimeter
data have to be spatially averaged over a scale of ∼100 km.
The consequences of doing this along the CryoSat traverse
are summarized in Table 4. Over a 28 month period the
error in calculating mass balance from the mean elevation
change rate, (ΔhS /Δt ), varied from −0.006 to 0.100 m a−1 ,
with lowest values below T31. The speciﬁed system accuracy
for the CryoSat mission over an area of (100 km)2 is
±0.033 m a−1 . If the traverse results can be applied over
a 100 km wide strip, we expect the uncertainty arising
from short-term ﬂuctuations below T21A to be less than
the system accuracy for observation periods longer than
∼3 years. Above T21A a longer observation period is needed
to reduce uncertainty to the desired level. Summing the mean
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covariances of contributions arising from ﬂuctuations in
mass, compaction and density produces too high an estimate
for the error because mass and compaction ﬂuctuations
are correlated. Our observations suggest that over periods
of ∼2 years compaction offsets the effect of the change in
surface elevation because of mass ﬂuctuations with density
ρ0 . This leaves Δm1 /Δt ρi as the dominant contribution
to the error, and a good estimate can be made without a
knowledge of surface density. This is, however, not the case
for the shorter summer periods.
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Groënland 1959. Medd. Grønl., 177(2), 76–88.
Andersen, K.K. and 6 others. 2006. Retrieving a common accumulation record from Greenland ice cores for the past 1800 years.
J. Geophys. Res., 111(D15), D15106. (10.1029/2005JD006765.)
Anklin, M., B. Stauffer, K. Geis and D. Wagenbach. 1994. Pattern of
annual snow accumulation along a West Greenland ﬂow line:
no signiﬁcant change observed during recent decades. Tellus,
46B(4), 294–303.
Arthern, R.J. and D.J. Wingham. 1998. The natural ﬂuctuations of
ﬁrn densiﬁcation and their effect on the geodetic determination
of ice sheet mass balance. Climatic Change, 40(4), 605–624.
Banta, J.R. and J.R. McConnell. 2007. Annual accumulation over
recent centuries at four sites in central Greenland. J. Geophys.
Res., 112(D10), D10114. (10.1029/2006JD007887.)
Benson, C.S. 1962. Stratigraphic studies in the snow and ﬁrn of the
Greenland ice sheet. SIPRE Res. Rep. 70, 76–83.
Bolzan, J.F. and M. Strobel. 1994. Accumulation-rate variations
around Summit, Greenland. J. Glaciol., 40(134), 56–66.
Box, J.E. 2002. Survey of Greenland instrumental temperature
records: 1873–2001. Int. J. Climatol., 22(15), 1829–1847.
De Quervain, M., F. Brandenberger, O. Reinwarth, A. Renaud,
A. Roch and R. Schneider. 1969. Schneekundliche Arbeiten der
Internationalen glaziologischen Grönlandexpedition (Nivologie). Medd. Grønl., 177(4).
Fischer, H., D. Wagenbach, M. Laternser and W. Haeberli. 1995.
Glacio-meteorological and isotopic studies along the EGIG line,
central Greenland. J. Glaciol., 41(139), 515–527.
Hawley, R.L., E.M. Morris and J.R. McConnell. 2008. Rapid
techniques for determining annual accumulation applied at
Summit, Greenland. J. Glaciol., 54(188), 839–845.
Herron, M.M. and C.C. Langway, Jr. 1980. Firn densiﬁcation: an
empirical model. J. Glaciol., 25(93), 373–385.
Merlivat, L., J. Ravoire, J.P. Vergnaud and C. Lorius. 1973. Tritium
and deuterium content of the snow in Greenland. Earth Planet.
Sci. Lett., 19(2), 235–240.

428

Morris and Wingham: Elevation change rates along the EGIG line

Morris, E.M. 2008. A theoretical analysis of the neutron-scattering
method for measuring snow and ice density. J. Geophys. Res.,
113(F3), F03019. (10.1029/2007JF000962.)
Morris, E.M. and J.D. Cooper. 2003. Density measurements in
ice boreholes using neutron scattering. J. Glaciol., 49(167),
599–604.
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APPENDIX A
Integrating Equation (6) over time gives
Δt

Δt

ε̇ dt =

Δt

ċS dt −

0

0

0

ṁS
dt +
ρi

Δt
0

ṁS
dt .
ρS

(A1)

where D/Dt denotes the material derivative. The ﬁnal term
in Equation (A4) accounts for the densiﬁcation that occurs
in the accumulated layer. Substituting from Equations (A3)
and (A4) into Equation (A2) and retaining only the ﬁrst-order
terms provides

Δt
0

ṁS
dt = Δl
ρS


ln

0

ρ(0, t (s)) ≈ ρ(0, 0) +

(s(0, Δt ) − s) ∂ρ(0, t )
v(0, 0)
∂t



ρ0
= −k0 ρi s + b,
(ρi − ρ0 )

(A6)

The magnitude of this correction term increases with Δl,
so there is a limit on the length of the observation time
period for which the approximation Equation (A7) may be
used. For our spring 2004–summer 2006 data the correction
term decreases from 0.06 to 0.03 as accumulation decreases
along the traverse. The effect of neglecting this term on the
contributions to Δε/Δt is small compared to the uncertainty
arising from measurement errors (section 4.4; Fig. 7). Hence
we write Equation (A5) as

Δt

(A2)

where s(0, Δt ) is the distance moved in time Δt by a
material particle lying at the surface at time t = 0. The
distinction between the numerator and the denominator in
Equation (A2) can be illuminated by supposing the interval
Δt is short, in which case

. (A5)

1
Dρ(0, 0)
1 ∂ρ0 (0)
Δl ≈
Δl
2v(0, 0)ρ(0, 0) Dt
2ρ0 (0) ∂s


k0 ρi
ρ0 (0)
≈−
1−
Δl. (A7)
2
ρi

0

ρ(s, Δt )
ds,
ρ(0,
t (s))
s(0,Δt )



to the measured density proﬁles. k0 and b are constants with
different values for the ranges 0 ≤ ρ0 ≤ 0.55 g cm−3 and
0.55 g cm−3 ≤ ρ0 ≤ 0.73 g cm−3 . Other choices of model
equation would of course be possible, but Equation (A6) is
well established and, given that we do not need to predict
the values of k0 and b a priori, is sufﬁciently accurate for
our purpose. Using ρ0 (0), which is independent of t , as an
estimate for ρ(0, 0) we obtain

0

ṁS
dt =
ρS

Dρ(0, 0)
1
Δl
2v(0, 0)ρ(0, 0) Dt

We estimate the magnitude of the second term in the
parentheses by appealing to a densiﬁcation model. For a
given site, we derive the time-invariant density by ﬁtting
equations of the form suggested by Herron and Langway
(1980),

We need to express the last term in terms of the measured
thickness, Δl, of the snow accumulated over time Δt , rather
than ρS (t ), which we do not observe. Changing the variable
from t to s
Δt


1+

ṁS
ΔmS
dt ≈ Δl =
ρS
ρS
Δm0 + Δm1
=
,
ρ0 + ρ1

(A8)

using the variables deﬁned in Equation (10), with at
maximum a 6% error for the largest Δt we consider in this
paper.
We now consider how to express the other two terms of
the right-hand side of Equation (A1). Integrating ċ0 over time
gives

(A3)

s Dρ(0, 0)
(s(0, Δt ) − s) ∂ρ(0, t )
+
,
ρ(s, Δt ) ≈ ρ(0, 0) +
v(0, 0)
∂t
v(0, 0) Dt
(A4)

Δt

Δt

ċ0 dt =
0

0

ṁ0
dt −
ρi

Δt
0

ṁ0
dt ,
ρ0

(A9)

by deﬁnition of the time-invariant compaction. For the
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time-invariant density,

So we may write
Δt

Δt

Δl

1
1
1
1
dt =
ds,
(A10)
Δt 0 ρ0 (0, t (s))
Δl 0 ρ0 (s, Δt )
the harmonic mean over the accumulated layer, which we
denote by ρ0 . Using Equation (A6)


ρ0 = ρi



ċS dt =
0

Δm0
Δm0
−
+ Δc1 .
ρi
ρ0

(A12)

Finally,
Δt

ṁS
Δm0
Δm1
dt =
−
.
(A13)
ρi
ρi
ρi
Substitution from Equations (A5), (A12) and (A13) into
Equation (A1) leads to Equation (12) in section 1.
0

k0 ρi Δl


. (A11)
exp k0 ρi Δl − b + k0 ρi Δl − exp(−b)

APPENDIX B
Table 5. Eulerian elevation change, ΔhS , calculated from GPS measurements at the CryoSat traverse sites corrected for convective elevation
changes, Δx(∂hS /∂x). The formal one-sigma errors quoted are those arising from the processing system and do not account for GPS orbit
or clock errors or for mis-modelling. Thus they should be regarded as minimum ‘instrumental’ errors in ΔhS
Site

Δx(∂hS /∂x)
Autumn 2004
–spring 2004

Δx(∂hS /∂x)
Spring 2006
–spring 2004

Δx(∂hS /∂x)
Summer 2006
–spring 2004

ΔhS
Summer 2006
–spring 2004

ΔhS
Summer 2006
–autumn 2004

ΔhS
Summer 2006
–spring 2006

ΔhS
Autumn 2004
–spring 2004

ΔhS
Spring 2006
–spring 2004

m

m

m

m

m

m

m

m

−0.98
−0.49

−1.14
−0.554
−0.11
−0.15
−0.19
−0.14
−0.07
−0.05
−0.09
−0.03
−0.01
0.00
0.00
0.00
0.00

0.01 ± 0.03
−0.20 ± 0.04
0.02 ± 0.03
0.12 ± 0.03
−0.06 ± 0.04
0.14 ± 0.04
0.12 ± 0.04
0.18 ± 0.03
0.23 ± 0.03
0.08 ± 0.04
0.12 ± 0.04
0.13 ± 0.03
0.21 ± 0.04
0.17 ± 0.03
0.11 ± 0.04

T12
T15
T19
T21
T21A
T23
T27
T31
T35
T39
T41
T41A
T41B
T41C
T41D

−0.05
−0.01
−0.01
−0.01
0.00
0.00
0.00
0.00

−0.03
−0.07
−0.01
0.00
0.00
0.00
0.00

−0.17 ± 0.02
0.00 ± 0.04
0.21 ± 0.04
0.08 ± 0.07
0.25 ± 0.03
0.26 ± 0.04
0.15 ± 0.04
0.17 ± 0.05
0.18 ± 0.05
0.09 ± 0.04

0.18 ± 0.03
−0.20 ± 0.04
−0.09 ± 0.05

−0.05 ± 0.02
−0.03 ± 0.02
0.00 ± 0.04
0.10 ± 0.03
0.06 ± 0.03
0.12 ± 0.02
0.03 ± 0.03

0.04 ± 0.07
−0.08 ± 0.04
−0.03 ± 0.05
−0.03 ± 0.04
0.04 ± 0.05
−0.01 ± 0.06
0.02 ± 0.04

0.22 ± 0.03
0.26 ± 0.03
0.13 ± 0.04
0.03 ± 0.04
0.16 ± 0.03
0.05 ± 0.03
0.08 ± 0.03

Table 6. Elevation change, ΔhS , determined from density proﬁles at the CryoSat traverse sites
Site

ΔhS
ΔhS
Summer 2006 Summer 2006
–spring 2004 –autumn 2004
m

T12(7,−1)
T15
T19
T21
T21A
T23
T27
T31
T35
T39
T41
T41A
T41B
T41C
T41D

m

−0.29 ± 0.35
0.07 ± 0.26
−0.01 ± 0.38
0.18 ± 0.32
−0.06 ± 0.38
−0.11 ± 0.33
−0.06 ± 0.31
0.04 ± 0.25
0.04 ± 0.24
0.06 ± 0.21
0.23 ± 0.20
0.20 ± 0.18
0.15 ± 0.23
0.20 ± 0.17
0.20 ± 0.16
0.18 ± 0.16
0.12 ± 0.16
0.00 ± 0.14
0.07 ± 0.15
0.04 ± 0.13
0.07 ± 0.15 −0.02 ± 0.12

ΔhS
Summer 2006
–spring 2006

ΔhS
Autumn 2004
–spring 2004

ΔhS
Spring 2006
–spring 2004

m

m

m

−0.127 ± 0.074
0.133 ± 0.062
−0.069 ± 0.074

−0.241 ± 0.094

−0.14 ± 0.31
−0.05 ± 0.23
0.06 ± 0.34

−0.021 ± 0.057 −0.030 ± 0.067
−0.026 ± 0.053
0.017 ± 0.062

0.06 ± 0.22
0.26 ± 0.19

0.110 ± 0.050
0.158 ± 0.048
0.016 ± 0.048
0.069 ± 0.047
−0.057 ± 0.047

0.10 ± 0.16
0.04 ± 0.15
0.11 ± 0.15
0.00 ± 0.14
0.13 ± 0.15

0.000 ± 0.057
0.111 ± 0.054
0.035 ± 0.052
0.090 ± 0.052

Site

T12(0,10)
T12(2,0)
T12(2,1)
T12(1,1)
T12(100,0)
T12(−3,100)
T12(−3,1000)
T12(1000,−3)
T21(1,0)
T21(0,1)
T21(10,0)
T21(0,10)
T21(100,0)
T21(0,100)
T21(1000,2)
T21(2,1000)
T21 mean
T12 mean

ΔhS
Autumn 2004
–spring 2004

ΔhS
Spring 2006
–spring 2004

m

m

−0.250 ± 0.095
−0.237 ± 0.095
−0.204 ± 0.095
−0.189 ± 0.095
−0.032 ± 0.094
−0.261 ± 0.095
−0.027 ± 0.095
0.081 ± 0.095
−0.151 ± 0.042

−0.27 ± 0.31
−0.08 ± 0.31
0.02 ± 0.31
0.03 ± 0.31
−0.39 ± 0.31
−0.29 ± 0.31
0.01 ± 0.31
−0.29 ± 0.31

−0.156 ± 0.053
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Table 7. Elevation change, ΔhS , determined from pole measurements at the CryoSat traverse sites
Site

T12
T15
T19
T21
T21A
T23
T27
T31
T35
T39
T41
T41A
T41B
T41C
T41D

ΔhS
Summer 2006
–spring 2004

ΔhS
Summer 2006
–autumn 2004

ΔhS
Summer 2006
–spring 2006

ΔhS
Autumn 2004
–spring 2004

ΔhS
Spring 2006
–spring 2004

m

m

m

m

m

−0.30 ± 0.35
0.01 ± 0.26
−0.26 ± 0.38
0.07 ± 0.38
−0.16 ± 0.33
−0.02 ± 0.31
−0.26 ± 0.25
−0.06 ± 0.24
0.18 ± 0.20
0.12 ± 0.23
0.04 ± 0.17
0.33 ± 0.16
0.19 ± 0.16
0.09 ± 0.15
0.14 ± 0.15

0.11 ± 0.32

−0.069 ± 0.074
0.097 ± 0.062
−0.046 ± 0.074

−0.040 ± 0.094

−0.22 ± 0.31
−0.08 ± 0.23
−0.22 ± 0.34

−0.09 ± 0.21
0.11 ± 0.18

−0.086 ± 0.057
−0.085 ± 0.053

0.028 ± 0.067
0.067 ± 0.062

0.02 ± 0.22
0.27 ± 0.19

0.15 ± 0.16

0.030 ± 0.050
0.184 ± 0.048
0.045 ± 0.048
0.080 ± 0.047
−0.016 ± 0.047

−0.107 ± 0.057

0.02 ± 0.16
0.16 ± 0.15
0.15 ± 0.15
0.01 ± 0.14
0.16 ± 0.14

0.06 ± 0.14
−0.02 ± 0.13
0.09 ± 0.12

0.125 ± 0.054
0.109 ± 0.052
0.044 ± 0.052

Site

ΔhS
Autumn 2004
–spring 2004
m

T21(10,0)
T21(0,10)
T21(100,0)
T21(0,100)
T21(1000,0)
T21(0,1000)
T21 mean

MS received 22 November 2010 and accepted in revised form 13 February 2011

0.025 ± 0.095
−0.078 ± 0.095
0.087 ± 0.094
−0.190 ± 0.095
−0.156 ± 0.095
−0.254 ± 0.095
−0.087 ± 0.046

