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ABSTRACT. Thi s paper presents a m odelling study of the inf1uence of suspended 
snow on turbulence in the atmospheric surface layer. Turbulence is diminished in d rifting 
and blowing snow, since pa rt of the turbulent energy is used to keep the particles in sus­
pension. T his decrease in turbulence directly aITects the vertical turbulent f1u xes of mo­
mentum a nd snow particles (a nd other sca la rs), a nd can effec tively be simulated by 
introducing an appropriate Richardson number to acco unt for the stability effects of the 
stably stratifi ed air- snow mixture. vVe use a one-dimensional model of the atmospheric 
surface layer in which the Reynolds stress and turbulent suspended snow flu x a re parame­
teri zed in terms of their mean vertical gradients (first-order closu re ). The model calcu­
lates steady-state vertical profil es of mean wind speed, suspended snow mass in 16 size 
classes and stability parameters. Using the model, the influence of snowdrifting on the 
wind-speed profile is quantified for various values of the ini tia l friction velocity (which 
determines the steepness of the initial wind-speed p rofil e). It will be demonstrated why 
the roughness length appears to increase when snowdrifting occurs. Finally, we present a 
parameterization of the effects of snowdrifti ng on atmospheric stability which can be used 
in data analyses as a first-order approximation. 

1. INTRODUCTION 

Drifting and blowing snow occur when loose snow particles 
a re available at the surface and when wind speeds increase 
above a certain threshold value. Then, turbulent motions 
are able to lift the snow particles upwards against the action 
of gravity. For moderately strong winds, the particles re­
main confined very close to the rigid surface and periodi­
cally rebound at the surface; this is genera lly referred to as 
salt at ion. For stronger winds, snow particles are able to 
leave the saltation layer and become suspended. In fully de­
veloped blowing snow, saltation and suspension occur si­
multaneously. In pa rticula r, the functional dependence of 
total snowdrift-transport rates on the wind velocity has been 

studied widely (e.g. Budd and others, 1966; Radok, 1970; 
Takeuchi, 1980; Schmidt, 1986; Pomeroy and M ale, 1992). 

Snowdrifting is one of the m any manifestations of two­
phase flow systems. Therefore, the physical mechanism s in­
volved in the drifting of snow are similar to those investi­
gated in the broad and complex field of two-phase (solid­

fluid /gas) flows. Analogous processes are, for instance, the 
drifting of wind-blown desert sand (Bagnold, 1941, 1966), 
the transport of sediment over the ocean floor and r iver 
beds (e.g. Bridge and Dominic, 1984), blood flow, quicksand, 
sea spray and dense fog. 

Snowdrifting occurs regularly over snow-covered 
regions such as the ice shee ts of Antarctica and Greenland. 
The transport of snow by the wind can be a major mass­
balance component over snow fi elds and ice sheets by spa­
tially redistributing the precipitated snow (e.g. Takahashi 
and others, 1988). Blowing snow over the edge of Anta rctica 
even contributes in an absolute sense to the integra ted mass 
balance. Sublimation of blowing snow also negatively con-

tributes to the surface mass balance of snow-covered regions 
(e.g. Schmidt, 1982; King and others, 1996). Furthermore, 
the occurrence of snowdrifting causes acceleration of the 
downslope katabatic winds over sloping surfaces as a result 
of the increase in near-surface density of the gravity fl ow 
(Kodama and o thers, 1985). Drifting a nd blowing snow even 
affect the longwave-radi a ti on balance of the lowest atmo­
spheric layers, as pointed out by Yamanouchi and K awagu­
chi (1984). Obviously, the occurrence of drifting snow 
influences and modifies m any physical processes in the 
near-surface atmospheric layers. 

This study focuses on the influence of drifting and blow­
ing snow on the vertical turbulent mixing of mome11lum 
and scala rs in the atmospheric surface layer. To keep a snow 

pa rticle in suspension at a certain average height above the 
surface, the residual upward turbulent stress exerted on the 
pa rticle must balance the downward force of gravitati on. 
This requires expenditu re of the surface-layer turbulence, 
which is manifested by decreases in turbulence-intensity 
and turbulent-length scales (Adams and Weatherly, 1981). 
As the snowdrifting content dec reases sha rply with height, 
the surface layer is stably stratifi ed and turbulence is re­
duced (Wamser and Lykossov, 1995). This mechanism is con­
ceptua lly simila r to a thermally stable turbulent surface 
layer in which negative buoyancy destroys turbulence 
(Lumley, 1978). The effect of snowdrifting on turbulence 

may therefore be described by introducing an appropriate 
"snowdrift" Richardson number which depends on the ver­
ticalLUrbulent suspended snow flu x. Besides showing model 
results in which thi s effect is quantified, we will present a 
simple, first-order parameteri zation of the stability effects 
of snowdrifting in terms of known surface-layer va ri ables. 
As this study is one of the first to discuss the effec ts of snow-
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drifting on atmospheric turbu lence and, since the model 
that is used includes various assumptions and empirical 
parameterizations, the results presented here are far from 
definitive; future work will focus on refining the model. 

2. MODEL DESCRIPTION 

The drifting of snow particles in the air is considered as a 
two-phase turbulent Oow of air mixed wlth rigid, non-cohe­
sive, inertia-free spherical snow particles, separated sulli­
ciently to be considered isolated so that particle interaction 
can be safely neglected (Lumley, 1978). Furthermore, it is 
assumed that volume concentration is high enough so that 
the air- snow mixture may be regarded as a continuum 
and that the horizontal velocity of the particles equals that 
of the air but is low enough to ignore interaction. For this, it 
is necessary that the particles are small relative to the smal­
lest length scale in turbulence, the Kolmogorov length scale, 
which is about I mm in the lower atmosphere. This is gener­
ally the case for snowdrifting with a particle diameter vary­
ing roughly between 40 and 400 p,m (e.g. Budd, 1966). 

2.1. Saltation of s now 

In our model of the suspension layer, the mass concentra­
tion in the saltation layer serves as the lower boundary con­
dition. Snow starts to drift when the friction velocity 
becomes larger than a certain threshold friction velocity. 
Assuming that saltation particle velocity is proportional to 
the threshold friction velocity u'< (= vi Tt/ p, where Tt is the 
threshold shear stress for snowdrift initiation and p is the 
density of the air-snow mixture) with velocity-proportion­
ality constant c, and using the empirically determined 
relation ce = 0.58 U. - 1 where e is the saltation efficiency 
and u. is the friction velocity, Pomeroy and Gray (1990) de­
rived the following relation for the saltation-mass concen­
tration 1]8 (in kg m -3): 

0.58p 2 2 
7/s = --h- ( u. - U '< ) 

C1£.g s 
(1) 

where 9 is the acceleration of gravity and hs is the height of 
the saltation layer. They showed that saltation-mass concen­
trations evaluated using Equation (I) compared favourably 
with observed values over a wide range of friction velocities. 
The height of the saltation layer is assumed to depend on the 
surface-friction velocity according to measurements made 
by Pomeroy and Male (1992). They defined hs as the height 
where downward-extrapolated suspended-mass concentra­
tions equal the saltation-mass concentration. For various 
values of the threshold friction velocity, they arrived at the 
following empirical relation: 

hs = 0.0843u. 1
.
27 

. (2) 

Several authors have argued that the shear stress at the 
surface remains at the threshold value during snowdrifting, 
even though the stress applied by the free atmosphere 
becomes larger (e.g. Bagnold, 1941; Owen, 1964). In order to 
initiate saltation, the turbulent Ouctuations must be able to 
break the cohesive bonds between the snow crystals at the 
surface and lift the particle (Schmidt, 1980). According to 
Pomeroy and Gray (1990), the threshold-friction velocity 
[or fresh, loose, dry snow varies from 0.07 to 0.25 ms- I, 
whereas for old, wind-hardened, dense and wet snow its 
value can be much larger (0.25- 1.0 m s I). In this study, we 
assume that u'< is independent of particle size. 

168 

In order to account for the differences in size and weight 
of the drifting snow particles, we have subdivided the size 
spectrum into 16 classes of 30 p,m width, with particle dia­
meters ranging from 30 to 480 p,m. In the saltation layer, 
the frequency distribution of particle diameter is prescribed 
according to the well-known gamma function (with the 
shape parameter equal to 4 and the mean diameter equal 
to 200 f..Lm (Schmidt (1982)). Budd (1966) and Schmidt 
(1982) found that the gamma function adequately describes 
measured particle distributions at various heights in the sus­
pension layer. In the following, we will refer to rh as the mass 
concentration of particles with radius rj, and to fj as the total 
mass concentration of suspended snow particles at a specific 
height above the surface (z) : 

16 

fj = L 7/i (3) 
i = l 

with f) = fj(z). In this study, we will not discuss in detail the 
simulated particle-size distributions. 

2.2. Su sp en sion of s now 

Snow particles in suspension remain at a certain average 
height above the solid surface as a result of two balancing 
forces: the downward force of gravitation and the upward 
force due to a residual upward turbulent stress (we have ne­
glected possible electrostatic forces ). The now must do work 
to keep the particles in suspension. Leeder (1983) demon­
strated that the upward-directed residual Reynolds stress, 
arising from asymmetrical shear turbulence, is in balance 
with the immersed weight of the suspended mass. He found 
that this upward stress reaches a maximum 30% of the Ouid 
shear stress T( = Txz ). There is a net-slip velocity or drag 
between the Ouid and the particles. Hence, the fluid is decel­
erated and, consequently, turbulence is diminished in the 
presence of suspended particles (Bridge and Dominic, 
1984). Generally, this reduction is due to a reduction in tur­
bulent length scales and to a diminishing of turbulent­
velocity lluctuations. If a parcel of the Ouid with particle­
mass concentration equal to the local value changes level 
by means of turbulent movements, it will experience an 
anomalous buoyancy (actually a change in drag force ex­
erted on the particles) which forces it back to its original 
level (Lumley, 1978). This behaviour is conceptually equiva­
lent to that of a thermally stably stratified turbulent surface 
layer in which real buoyancy effects destroy turbulence. We 
may therefore describe the inlluence of a stable suspended­
snow stratification on turbulence in the surface layer by in­
troducing the flux "snowdrift" Richardson number, which is 
defined as the ratio of destruction of turbulent kinetic 
energy by buoyancy forces (due to the stable density stratifi­
cation of the air-snow mixture) and the turbulent energy 
production by shear (Adams and Weatherly, 1981): 

gcr( fj'w') 
Rf - - ======-=-

T} - (") OU u w oz 
(4) 

where (fj'w') is the turbulent nux of suspended snow­
particle mass, (u'w') is the turbu lent-momentum nux, 
cr( = Psi Pa - 1) is the relative excess of snow-particle den­
sity (Ps) over air density (Pa) and u is the mean horizontal 
velocity. Note that in the case of snow suspension, the air­
snow mixture is always stably stratified, which means that 
Rf7] > O. 

In a horizontally homogeneous !low over a fiat bottom, 
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with the horizontal velocity aligned with the x axis and the 
Z axis positive upward, the governing equations for horizon­
tal velocity and suspended snow-mass concentration in size 

class i (rh) are: 

au a--
P-= --(pu'w') at az (5) 

a (-,-, T') - 8z PT)i W - PViT)i i = 1, ... , 16 (6) 

where pu'w'( = -7) is the Reynolds stress, P = Pa (1 - C)+ 
PsC is the total density (with C = f)/ Ps is the volume con­
centration of snow in air) and Vi is the terminal fall velocity 
of particles with radius ri. The term -PVil]i in Equation (6) 
represents the downward flux of suspended snow due to the 
gravity force, in which the particle terminal-fall velocity is 
taken as 

(7) 

This is an empirically determined relation which takes into 
account Reynolds number-dependent particle drag (Pomeroy 
and Male, 1992). In a classical manner, the second-order 
moments in Equations (5) and (6) are parameterized 111 

terms of the mean gradients (i.e. first-order closure): 

-- au 
-u'w' = I{m -az (8) 

-- al]i 
-l]iW' = KI)-az i = 1, ... ,16. (9) 

The turbulent-eddy diffusivities of momentum Km and sus­
pended-snow particles K/) are written as 

K _ Ki U.Z 

m - iP ' 

K,) = ~Km 

(10) 

(11) 

in which K;( = 0.4) is the von Karmim constant, u. is the 
height-dependent friction velocity and iP is the stability 
[unction 

(12) 

where AT) is a parameter to be determined empiricall y. An 

increase in iP (i.e. <I> > 1) represents a decrease in turbulent 
intensity under a stable-density stratification, induced by a 
stable stratification of suspended snow mass (Ri/) > 0). In 
cases with a stable suspended-sedi ment gradient, values of 
AT) ranging from 5.5 to 7.0 have been reported (Bridge and 
Dominic, 1984). These values compare well with the 

"thermal" equivalent of AT) for a thermally stable surface 
layer (e.g. Can"att, 1992). Notice that applying the stabi lity 
concept in terms of the Richardson number provides no in­
formation about the nature of the decrease in turbulence 
(i.e. turbulent length scales or intensity). 

The parameter ~ is introduced to allow for a difference 

in the diffusivity of snow particles compared to the eddy dif­
fusivity of momentum, as was suggested by the results of 
Sommerfield and Businger (1965). However, in this study 
we will use ~ = 1, since we see no a priori reason why the 
turbulent eddies in the air- snow mixture should affect the 
momentum and snow fluxes differently. According to Car­

ratt (1992), first-order closure (Equations (8) and (9)) works 
quite well in stable boundary layers when the transfers are 
dominated by small eddies oflength scales small er than the 
typical length scale of the mean gradient, so we may expect 
that it is applicable here. Finally, notice that Equations (5) 
and (6) are coupled through the eddy coefficients Km and 

Kil. 
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2.3. Boundary conditions 

As we are interested only in the vertical profiles in the sus­

pension layer, we will have to use saltation-Iayer variables as 
a lower boundary condition. \ Ve will assume that the sus­
pension-layer characteristics can be extended downwal"d to 
the so-called focus height (hr). This is the height at which 
the downward-extrapolated wind profiles during snowdrift­

ing appear to intersect each other (Bagnold, 1941; Budd and 

others, 1966; Shiotani and Arai , 1967; Radok, 1970); hence, it 
is the height at which the horizontal wind apparently re­
mains constant during snowdrifting. Its presence apparently 
results from the complex dynamics in the saltation layer 
which are not yery well understood at present. The focus is 
generally regarded as the height separating the "saltation" 
regime and the "suspension" regime in fully developed 
snowdrifting. According to Pomeroy and Gray (1990), the 
focus height is of the order of 80% of the mean height of 
the saltating particle trajectories. Here, we will assume for 
simplicity that hI' can be regarded invariant under all snow­
drifting conditions. (This assumption is not consistent with 
Equation (2), although Equation (2) is used only to deter­
mine the saltation mass concentration; future work will in­
clude a now-dependent focus height.) Since, at the onset of 
snowdrifting, the logarithmic layer extends downward to 
the roughness height, the horizontal yelocity at the focus 
height during snowdrifting can be determined from 

u(hr) = u" In(hr/ zom) (13) 
r;, 

where ZOm is the intrinsic aerodynamic roughness length for 
momentum (i.e. the height at which the downward extra­
polated wind speed equals zero in the absence of snowdrift­
ing). We will take a value of ZOm representative for uniform, 

nat or slightly undulated snow surfaces, i.e. ZOm = 
I x 10 ~ III (e.g. King, 1990; Wieringa, 1993). 

The lower boundary condition of the suspended snow­
mass Equation (6) is given by the relation for the saltation­
mass concentration (Equation (I)) combined with the particle 
gamma-distribution function to obtain the saltation-mass 
concentration for each particle-size class. Note that the 
saltation-mass concentration can \'a ry during a model run 
as it depends on an internal model variable (i.e. the friction 
velocity just above the saltation layer ). 

The height of the upper boundary (z = H) shou ld be 
chosen so that (I) surface-layer similarity theory is valid 

throughout the model domain, and (2) the largest part of 
the suspended snow mass is below Z = H. At Z = H, the tur­
bulent nux of momentum is prescribed according to 

TH = PU. H
2 (14) 

where U.H is the turbulent-velocity scale at Z = H. In the 

absence of snowdrifting, application of Equation (5) with 
the boundary condition (14) yields the common logarithmic 
wind profile with u. = U.H at each height. 

The upper-boundary condition for snowdrift-partic le 
mass in Equations (6) is that the upward-turbulent diffusion 
of snow equals the downward nux of snow by gravity in each 
particle-size class (i.e. zero net mass flux through Z = H ). 

2.4. NUInerical details and Inodel paraIneters 

Equations (5) and (6) arc solved on a finite-difference grid 
which is logarithmic in Z in order to obtain a relatively high 
resolution near the surface where the vertical gradients are 
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largest. The upper boundary (H ) is set to 10 m with 40 grid­
points evenly spaced in In(z/ hf ). 

The time differencing is simply forward in time, while 
the diffusion terms on the right-hand sides of Equations (5) 
and (6) are solved with central differences. The Ouxes of mo­
mentum and suspended-pa rticle mass are defined at points 
midway between the usual gridpoints. The model integrates 
from an initial wind-speed profile (characterized by differ­
ent values o[ u . I-I) until a steady-state is reached. Table I 
summarizes the values o[ the various model parameters. 
With these values, the wind speed at the fo cus according to 
Equation (13) equals 3.9 m s- I. 

Table 1. Values of the model parameters 

Parameter Value 

Focus height hr (m ) 0.05 
0.25 
1.4 
1.0 

Threshold friction veloc ity u, I (m s ') 
R atio of salt a t ion a nd threshold friction velociti es c 
R atio of snow and momentum diffusivities ~ 
l\fomentum of roughness length ZUlU (m) 1.0 x 10 1 

6.0 Stability consta nt A'l 

3. RESULTS 

We will show the results of experiments with varying initial 
wind-speed profiles, the steepness of which a re determined 
by the value of U. H . Increasing values of U. H can be asso­
ciated with stronger externally forced boundary-layer 
winds. Figures 1- 4 show the vertica l profil es of horizontal 
wind velocity, friction velocity, Richardson number and sus­
pended-mass concentration, respectively, [or various values 
of U. H such that U. H > u" so that snowdrifting occurs. 

In a stable surface layer, the vertical transfer of momen­
tum is initially reduced by the snowdrift-induced diminu-

: : 
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:€ 
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'H 
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, I • .,·· : - - - - . U _- 0.9 m 5" ............. ····,;1;:·· ...... · ...... ! .. ·................ 'H 

'~'''~ i:, 

......... U = 1.1 m S·1 
'H 

0+· ~~~~~~~~~~~~T=~~=r~~ 

o 5 10 15 20 

Mean wind speed (m s' ') 

Fig. 1. Steady-state wind-speed profiles ( thin lines) Jor five 
selected experiments represented by their initial friction 
velocity (U. H). Bold lines represent the usual logarithmic 
wind-speed profile in the absence ofsnowdrift. 

tion of turbulent intensity. This implies that the presence of 
suspended snow induces a general increase in wind speeds 
(a lthough near the surface a slight reduction in wind speed 
occurs), the largest increases occurring at higher levels (Fig. 
I). In other words, the mean velocity gradient is la rger [or 
the same shear stress when snowdrifting occurs. Obviously, 
this behaviour is simi lar to what is commonly observed in 
thermally stable surface layers (e.g. Garratt, 1992). Figure 2 
shows that u. increases upward , which results from the [acL 
that the density of the air- snow mixture decreases strongly 
with height and that the shea r stress T(= - pu'w' ) must be 
constant with height in steady-state by virtue of Equation 

(5). The increase in u. with height becomes stronger when 
the wind speed is larger and hence more snow can be kept 
in suspension. Also shown in Figure 2 is u.', which is defined 
as the friction velocity which would be found by an observer 
unaware of the stabilily effects induced by snowdrifting. 
Because o[ the steeper wind-speed profile in the case of 

snowdrifting, the observer who assumes a logarithmic wind 
profile find s a value ofu.' that is larger than the true friction 
velocity throughout the surface layer. Obviously, i[ one ne­
glects the stability effects caused by snowdrifting, the fric­
tion velocity would be significantly overestimated. 

5 

4 ....... 

I : 

.... 1" 1./ .. ;/ "'1/ 
I ,: t ' I : ~ ." ~ / ~ 

.... .[ ...... , ...... : ...... :: ... i ...... : . ./; ....... : . ., ......... : 
I r I ~ , J : j; ~ 

f 3 
.... r·J.· ... ; j ..... 1 .... ..[ ....... : f--~U-.H-=-0-'.3~m-s-·'-, 

I : " , , :, 
-= 

2 

- . U'
H 

= 0.5 m s" 

- - • U = 0.7 m 5" 
'H 

- - - -. u = 0 .9 m s" 
'H 

: ) : I ' :' " :: .. } l I l/ '" l' " .·-1 •• •• ---- U'
H 

= 1.1 m S·I 

o+-~~~~: ~~-~-~~·~-~~~f~~-~~~· ·~~~-~-T==T==p~==~---' 

0.2 0.4 0.6 0.8 1.2 1.4 1 .6 

Friction velocity (m S" ) 

Fig. 2. Vertical prqfile of simulated steady-state friction 
velocity ( thin Lines) Jor the five selected experiments. Bold 
lines represent the friction -velocity profiles which would be 
Jound if the stability if.fects of suspended snow are neglected. 

The vertical profi les in Richardson number are given in 
Figure 3. Interestingly, the suspended-snow R ichardson 
number (Ri'l) takes maximum values close to the surface. 
This results from the fact that the turbulent snow-particle 

flux (which is proportional to the snowdrift mass concentra­
tion ) and the associated buoyancy destruction is maximum 
near the surface and decreases rapidly upward. The increase 
in Ri1) at higher levels can be attributed to the usual 
decrease in turbulent shear production with height (e.g. 
Gan'att, 1992). Interestingly, the Richardson number 
reaches its maximum value at nearly all heights for inter­
mediate values of the wind-speed gradient (U . H = 0.5-
0.7 m s-I). Ri1) tends to decrease slightly throughout the sur­
face layer for stronger winds (or, equ ivalently, [or larger 
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values OfU. H ). Apparently, the increase in shear production 
is larger than the increase in snowdrift-induced buoyancy 

destruction when wind speeds become stronger. This can at 
least partly be attributed to the fact that the increase in sus­
pended mass with wind speed is larges t at low winds by vir­
tue of the dependence of saltat ion-mass concentration on u . 
(Equation (4)). The simulated values of Ri!) obtained in 
these experiments compare favourably with those resulting 

from the suspended-sediment simulations of Adams and 
Weatherly (1981). Note, however, that the increase in Ri'l at 
higher levels depends strongly on the amount of suspended 
mass. If the simulated drift density at higher levels was 
smaller, the increase in Ri.,., at higher levels would be les 
pronounced or even absent. 

5 

4 

? 3 ........ . 
- . U'

H 
= 0 .5 m 5" 

:5 
- - • U'

H 
= 0.7 m 5" 

- - - - • U = 0 .9 m 5 " 
'H 

·· ·· · U·
H

=1 .1ms·' 

o 0.01 0.02 0 .03 0 .04 0 .05 0.06 

Richardson number 

Fig. 3. Vertical prrifile rif the "snowdrift" Richardson number 
(Equation (4)) Jor theJive selected exjmiments. 

The ver tical distribution of suspended mass in the var­
ious experiments is hown in Figure 4. The relative increase 
in suspended mass with U. H is largest at higher levels, which 
is due to the fact that both the saltation-mass concentration 

and the vertica l diffusivity of snow increase with wind 
speed. In all experiments, the suspended-mass concentra­
tion dec reases by approxi mately two orders of magnitude 
with height. This deCl"ease is smaller than tha t obtained 
from measurements over a unifor1T!, completely snow-cov­
ered plain in Canada in winter (Pomeroy and Male, 1992). 
This discrepancy may be due to the fact that terminal fall 
velocit ies of especia ll y the smallest particles are under­
estimated by Equation (7) (mean fall velocities range from 
l.l m s I at the surface to 0.04-0.08 m s I at z = H ), which 
leads to an overestimate of the suspended mass of the light­

est particles at high levels. 
Figure 5 shows the relative change in the turbulent-eddy 

diffusivity Km caused by snowdrifting. Clearly, it indicates 
that when snowdrifting occurs the eddy diffusivity of mo­
mentum decreases compared to a similar surface layer with­
out snowdrifting. Although the absolute values of K m 
become larger for increasing values of U . H, the largest re­
duction in K m relative to the case without snowdrifting 
occurs for intermediate values ofu.H (by as much as 25% ) 
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The relatively strong decrease in Km near the surface res ults 
from a diminution of turbulence due to buoyancy as well as 

from a decrease in fr iction velocity (see Fig. 2), whereas at 
higher levels the decrease in Km is caused exclusively by 
the increase in Richardson number. 

5 ...... ...... .... . ......... .. .\ .. . Ll\.:: . .. . 
\ \ ... "':.: .. . . 

................ \ ... \ .. \~\ ...... . 4 ... ................... . 

\ ,". 

. U'
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----· U =0.9 ms· ' 
'H \ 

~.' \ ... .... . 

: \ '. .... . ...... U = 1.1 m 5" ·····s·· \\,:::L...,.. __ '_H __ ~ 
3 

2 
\ \, " : 

.. . , . ..... \ ...... \ . . \ .. : .. . 
\ ,:.j . 

... .. ~~ .. ~t·~;\. 
~,<, 

: ~~.:.~ . 
O +-----~~~--~~~~------~~~--~~~ 

0 .0001 0 .001 0 .01 0 .1 

Logarithm of suspended-snow mass (kg m· ' ) 

Fig. 4. Vertical profile rif the susjJended snow mass Jor the Jive 
selected experiments. 

6+---~----~--~----~---4----~---4----+ 
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0.6 0 .65 0 .7 0 .75 0 .8 0.85 0 .9 0.95 

Km I Km(no snowdrifting) 

Fig. 5. Vertical profile of the ratio of simulated "snowdrift" 
eddy diffosivity ( Km ) and the "no snowdrift" eddy diffusivity 
Jor the five selected experiments. 

Now it is also clear why surface-layer wind measure­
ments indicated that the surface-roughness length appeared 
to increase with u. in the case of snowdrifting (e.g. J offre, 
1982; Chamberl ain, 1983). Not on ly does the wind-speed 

profile turn arou nd the fo cus point (see Fig. I), the stability­

induced curvature a lso increases with increasing u •. ' '''hen 
roughness leng ths are determined from extrapolating 
downward the wind-speed profil e, assuming that the log­
a rithmic wind profile can be extended down to the rough­
ness height (which is not the case since the momentum 
balance of the saltation layer cannot be desc ribed by Equa­
tion (5)), both effects contribute to the apparent increase in 
ZOm with u. during snowdrifting. 
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Bintanja: Interaction between drifting snow and atmospheric turbulence 

Needless to say, the decrease in the vertical turbulent ex­
change in the surface layer when snowdrifting occurs can­
not be neglected in atmospheric models as well as in 
analysing surface-layer meteorological data . In the next sec­
tion, we will present a simple parameterization which can 
be used to quantify the "pseudo" -buoyancy snow effect of 
suspended snow on the exchange coeffici ents when snow­
drifting physics are not explicitly taken into account or 
when snowdrifting measurements a re not available. 

N 

8 ,. ................. , ................ , .. 11 

6 + ................ , ... .. . 

4 

2 

o 0 .01 0 .02 0.03 

--- ',I -_········· · · · ··r······ __ ········ 

- - . u = 0.3 m S·1 
'H 

----· u = 0.7 m S·1 
'H 

0 .04 0 .05 0 .06 

Richardson number 

Fig. 6. Variation qf Richardson number with height Jor three 
selected experiments. The solid lines represent linear fits Jor 
Z> O.5m. 

4. PARAMETERIZATION 

Assuming that u. is independent of height, the vertical 
wind-speed profile in the suspension layer can be derived 
analytically from the steady-state Equation (5): 

u(z) = ~ [In (:J + A '7 1 : ;"7 dZ] + u(hr) . (15) 

Now consider Figure 6, in which the Richardson number is 
plotted against height for three selected experiments. Ob­
viously, Ri'7 increases roughly linearly with height for z > 
0.5 m. H ence, we may approximate the vertical profile in 

Richardson number according to the linear relation 
Ri'7 = et + (3z, in which the coeffi cient (3 may be identified 
with the inverse Obukhov length L ,/- I Equation (15) can 
then simply be rewritten as follows: 

u( z) = ~ [(1 + A l]et ) In (:J + Al](3(z - hr) ] + u(hr). 

(16) 

The coeffici ents et and (3 a re parameterized in terms of u. by 
applying linear regressions of the simulated vertical profiles 
of Ril] against height for the various experiments (rep­
resented by U.H ). Figure 7 shows the resulting dependence 

of et and (3 on u •. Clearly, et and (3 reach maximum values 
in the range offriction velocities considered. This is a mani­
festation of the fact that the Richardson number takes max­
imum values for intermediate values of the wind-speed 
gradient, as explained in the previous section. The coef1i-

l72 

0.02+--.1...--'-----'----'-----'---'-----'---+0.004 

a 
0.018 

0.0035 

0 .003 

0 .0025 

0 .002 
0.01 

0.008+-- ,---,----,,-----,---,---,-,---+0.0015 

0.3 0.4 0.5 0.6 0.7 0.8 0 .9 1 .1 

Friction velocity (m s ') 

Fig. 7. Dependence qf et and (3 on the friction velocity qf the 
initial wind profile. et and (3 are the coifJicients if the linear 
Jits qf the Richardson number vs height (see Fig. 6). 

cients et and (3 are accurately described by the foll owing 
fourth-order polynomial fits (correlation coefficient > 0.99): 

et = - 0.06295 + 0.4369u. - 0.8334u. 2 

3 4 + 0.6792u. - 0.2046u. , (17) 

(3 = - 0.009277 + 0.06268u. - 0.1140u. 2 

+ 0.09104u* 3 _ 0.02719u* 4 
. (18) 

This yields the vertical wind profile relation in Equation 
(16), which includes the pseudo-buoyancy effects due to 
snowdrifting, in terms of known surface-layer quantiti es. 
T he quality of the parameterization can be inferred from 
Figure 8, in which the simulated and parameterized wind­
speed profile are depicted for three values of the initial fric­
tion velocity. Clearly, the increase in wind speed due to the 
occurrence of snowdrifting seems to be parameterized 
reasonably well. H owever, the accuracy of the parameter­
ization decreases significantly for large U * J-[. This is because 
the decrease in friction velocity near the surface (see Fig. 2), 
which is largest for high wind speeds, is not taken into ac­
count in the parameterization. H ence, the parameterized 
wind-speed gradient near the surface is overestimated. 

6+-~~--~~~--4-~~--4-~~--~~~~-+ 

0.3 0.7 1.1 : 
5 

4 

3 

2 --- 1- ··········· --·f· · ····· ·· ······ · ··· 

-- No snowdrifting 

--Model including snowdrifting 

- - - - - Parameterisation 

o 5 10 15 20 

Mean wind soeed (m s") 

Fig. 8. Comparison qf simulated and pammeterized vertical 
wind-speed prqfilesJor three selected cases. The numbers rep­
resent the values qf U . J-[ (m s ) in each case. 
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If the eddy diffusivities of scalars (e.g. potential temper­
ature and specific humidity) are assumed to be identical to 

Km , the parameterization may also be used to quantify the 
snowdrift effect on the vertical scalar profiles. This para­
meterization provides a simple way to take into account the 
buoyancy effects due to astable snowdrift-density profile ifno 
quantitative information about snowdrifting is available. 
However, one must bear in mind that the model was not 
tested for different values of the various model parameters 
(e. g. u.,). Therefore, the parameterization presented here 
should be regarded as giving only a first-order estimate of 
the effect of suspended snow on the turbulent exchange coef­
ficients in the atmospheric surface layer. In future studies, a 
more accurate parameterization will be constructed. 

5. DISCUSSION AND CONCLUSIONS 

In this study, we have described a model of the atmospheric 
surface layer that includes snowdrifting. The model calcu­
lates the vertical profiles of wind speed and suspended-snow 
mass in 16 size classes using first-order closure of the turbu­
lent fluxes of momentum and suspended snow. Turbulence 
decreases to keep the suspended-snow particles at a certain 
average height against the action of gravity; hence the tur­
bulent energy avai lable for the vertical turbulent transport 
of momentum and suspended snow is reduced. Conse­
quently, the eddy diffusivities decrease if snowdrifting 
occurs, causing larger vertical gradients to be necessary to 
maintain the same turbulent £luxes (Lumley, 1978). The 
"pseudo" -buoyancy destruction in the case of a stably strat i­
fied air- snow mixture is conceptual ly equivalent to that of a 
thermally stable atmosphere and can therefore be described 
in terms of the appropriate Richardson number. 

The model results clearly demonstrate the importance of 
snowdrifting on the vertical wind-speed profile. As a result of 
the stable stratification of suspended snow, the wi nd speeds 
increase throughout most of the atmospheric surface layer, 

especially at the highest levels. The eddy diffusivity decreases 
(by 10- 25% ) compared to a similar case without snowdrift­
ing. The associated Richardson number (Rj,)) takes large 
values close to the focus since the turbulent suspended-snow 
£lux is largest close to the saltation- suspension interface. RI,) 
decreases sharply to about 0.5 m, above which it increases 
roughly linearly with height. Note that increases in Rfry with 
height may be overestimated in this study, as the decrease in 
suspended-snow concentration with height is underesti mated 
by the model. The steady-state momentum-budget equation 
can be solved analytically if Rfry is assumed to depend I i nearl y 
on height, yielding a log-linear wind-speed profile. The coef­

ficients of the linear relation between Rf'l and height are 
parameterized in terms offriction velocity by calculating the 
model steady-state so lution for various initial wind-speed 
profiles. This leaves an explicit log-linear vertical wind-speed 
profilein terms of known surface-layer quantities. It is demon­
strated that the parameterized wind-speed proliles resemble 

fairly well the simulated ones. This simple parameterization 
gives a fi rst-order estimate of the effects of snow drifting on the 
vert ical profiles of wind (and also scalars) and can be used 
when detailed information about snowdrifting quantities are 
lacking. One should bear in mind that the results of this study 

rely to some extent on a number of assumptions and empi rical 
parameterizations. However, we are convinced that these do 
not influence our results in a qualitative sense. 

Bintanja: Interaclion between drifting snow and almosjJ/zeric turbulence 
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